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 2 

Abstract 24 

 25 

Diagnosis of rapidly developing springtime droughts in the central U.S. has mostly been made via 26 

numerous individual case studies rather than in an aggregate sense. This study investigates 27 

common aspects of subseasonal “meteorological drought” evolution, here defined as persistent 28 

precipitation minus evapotranspiration (P-ET) deficits, revealed in early (April 1-May 15) and late 29 

(May 16-June 30) spring composites of 5-day running mean JRA-55 reanalysis data for three 30 

different central U.S. regions during 1958-2018. On average, these droughts are initiated by a 31 

quasi-stationary Rossby wave packet (RWP), propagating from the western North Pacific, which 32 

arises about a week prior to drought onset. The RWP is related to a persistent ridge west of the 33 

incipient drought region and strong subsidence over it. This subsidence is associated with low-34 

level divergent flow that dries the atmosphere and suppresses precipitation for roughly 1-2 weeks, 35 

and generally has a greater impact on the moisture budget than does reduced poleward moisture 36 

transport. The resulting “dynamically driven” evaporative demand corresponds to a rapid drying 37 

of the root-zone soil moisture, which decreases ~40 percentiles within ~10 days. Anomalous near-38 

surface warmth develops only after P-ET deficit onset, as does anomalously low soil moisture that 39 

then lingers a month or more, especially in late spring. The horizontal scale of the RWPs, and of 40 

the related drought anomalies, decreases from early to late spring, consistent with the 41 

climatological change in the Pacific Rossby waveguide. Finally, while this composite analysis is 42 

based upon strong, persistent P-ET deficits, it still appears to capture much of the springtime 43 

development of so-called “flash droughts” as well. 44 

  45 
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1. Introduction 46 

Drought is induced by a persistent deficit in surface water availability, driven by a decrease 47 

in the moisture source (deficit of precipitation, P) and/or an increase in the moisture sink (enhanced 48 

evapotranspiration, ET). Extreme atmospheric anomalies persisting for only a few weeks can 49 

trigger swift drought development on subseasonal time scales (Lyon and Dole 1995; Mo and 50 

Lettenmaier 2015; Koster et al. 2019), a phenomenon sometimes called flash drought (e.g., Otkin 51 

et al. 2013, 2018; Pendergrass et al. 2020). Rapidly intensifying droughts can be hazardous to 52 

agriculture, particularly during springtime in the central U.S. when both rainfall (e.g., Englehart 53 

and Douglas 2003; Mo 2011) and crop development (e.g., Hu and Buyanovsky 2003; Hansen et 54 

al. 2012; Huang et al. 2015; Anderson et al. 2017) are at their peak. 55 

 56 

A quintessential flash drought, the 2012 Great Plains drought, began in May 2012 with a 57 

persistent precipitation deficit and warm temperature anomalies associated with a steep decline in 58 

soil moisture over the central U.S. (e.g., Otkin et al. 2016). The resulting soil moisture deficit, 59 

which continued to increase with additional persistent precipitation deficit events from June 60 

through early July (Hoerling et al. 2014; DeAngelis et al. 2020), was exacerbated by land-61 

atmosphere coupling (e.g., Basara et al. 2019; DeAngelis et al. 2020). According to the U.S. 62 

Drought Monitor (Svoboda et al. 2002), drought severity in the central U.S. intensified by up to 63 

four categories from May to August (Otkin et al. 2018; Pendergrass et al. 2020). While many 64 

mechanisms contributed to this drought’s evolution, the persistent precipitation deficit and warm 65 

temperature anomalies in the spring were likely critical components. 66 

 67 
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Several other springtime droughts have had characteristics similar to those of the 2012 68 

drought. Each has been the focus of case studies aimed at capturing key details of each drought’s 69 

evolution along with its most relevant physical processes. The most intensively studied droughts, 70 

listed in Table 1, are only a subsample of all springtime subseasonal droughts over the last several 71 

decades. Other droughts that generally received relatively less attention are noted, including the 72 

1963 drought over the central U.S. (Diaz 1983), the 1998 Oklahoma-Texas drought (e.g., Hong 73 

and Kalnay 2000), the 2006 Great Plains drought (e.g., Dong et al. 2011; DeAngelis et al. 2020), 74 

and the 2007 drought over the Ohio Valley (e.g., Otkin et al. 2013).  75 

 76 

However, there have been far fewer attempts at condensing various salient details of these 77 

case studies into a comprehensive picture of how subseasonal springtime U.S. droughts evolve. 78 

Some studies have focused on local drought characteristics (e.g., Diaz 1983; Englehart and 79 

Douglas 2003), while studies that also included large-scale atmospheric circulation anomalies 80 

mostly focused on summer (e.g., Chang and Wallace 1987; Schiraldi and Roundy 2017). 81 

Otherwise, systematic diagnoses of the evolution of persistent atmospheric conditions and their 82 

resultant impacts on drought development have considered seasonal or longer time scales (e.g., 83 

Mo 2011; Livneh and Hoerling 2016; Schubert et al. 2016; Seager et al. 2019). 84 

 85 

This study aims to develop a more comprehensive picture of the atmosphere’s role in 86 

initiating rapid development of subseasonal droughts during springtime (April-June) in the central 87 

U.S. We base our analysis upon atmospheric moisture deficits rather than soil moisture deficits; 88 

that is, we consider what is sometimes called “meteorological drought”, rather than “soil moisture 89 

drought” or “agricultural drought” (e.g., Wilhite et al. 1985; Van Loon et al. 2016; Hao et al. 2018). 90 
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Meteorological drought represents a period of anomalously dry weather patterns dominating a 91 

region (e.g., Van Loon et al. 2016; NIDIS 2021), and has usually been solely defined based upon 92 

a persistent precipitation deficit (e.g., Englehart and Douglas 2003; Koster et al. 2009; Mo 2011; 93 

Quan et al. 2012; Schubert et al. 2016; Seager et al. 2020). Here, we instead define meteorological 94 

drought as a persistent anomalous precipitation minus evapotranspiration (P-ET) deficit. We take 95 

this latter approach because 1) it is the combined term P-ET that provides the atmospheric forcing 96 

of a soil moisture deficit and 2) in a quasi-steady state, anomalous P-ET is balanced by anomalous 97 

column-integrated moisture flux convergence (e.g., Trenberth et al. 2011; Newman et al. 2012; 98 

Seager and Henderson 2013). Therefore, by focusing on P-ET deficits, we can more readily relate 99 

anomalous atmospheric transport of moisture to anomalous atmospheric forcing of soil moisture. 100 

Additionally, column-integrated moisture flux convergence, and hence P-ET, is a more consistent 101 

term across different reanalyses than either P or ET alone (e.g., Trenberth et al. 2011; Sebastian et 102 

al. 2016). 103 

 104 

Regional persistent P-ET deficits can be connected to large-scale circulation anomalies 105 

extending upstream and the remote forcing that triggers these anomalies. For instance, large-scale 106 

Rossby wave trains emanating from the tropics and propagating across the North Pacific to North 107 

America can engender subseasonal precipitation variability by impacting atmospheric moisture 108 

transport (e.g., Schiraldi and Roundy 2017), and has been suggested to potentially affect the Great 109 

Plains Low-level Jet (GPLLJ), the primary atmospheric moisture source for the central U.S. in the 110 

warm season (e.g., Schubert et al. 1998; Weaver and Nigam 2008; Harding and Snyder 2015; 111 

Agrawal et al. 2021). Also, extreme weather events on synoptic to subseasonal time scales are 112 

sometimes preceded by Rossby wave packets (RWP), or Rossby waves with limited zonal extent 113 
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(e.g., reviewed by Wirth et al. 2018). For example, during the 1988 U.S. Drought, two RWPs 114 

forced in Southeast Asia and the western North Pacific led to the development of persistent 115 

anomalous ridges over North America in the late May and mid-June, leading to extreme heat wave 116 

events and therefore accelerating the drought conditions (e.g., Lyon and Dole 1995; Chen and 117 

Newman 1998; Wang et al. 2017).  118 

 119 

One of the major challenges in studying large-scale springtime climate variability is the 120 

rapid seasonal change in the Rossby waveguide. In mid-May, the subtropical North Pacific jet 121 

moves poleward, weakens, and becomes narrower, constraining the waveguide to a narrow region 122 

in the extratropics (e.g., Newman and Sardeshmukh 1998; Hoskins and Hodges 2019; Breeden et 123 

al. 2021). This change in the Rossby waveguide increases the stationary wavenumber across the 124 

North Pacific from early to late spring (e.g., Hoskins and Ambrizzi 1993; Newman and 125 

Sardeshmukh 1998), further affecting how large-scale Rossby waves modulate downstream 126 

hydroclimatic variability over North America. Consequently, we might need to diagnose early and 127 

late spring periods separately to clearly identify the role of intra-seasonal variability in persistent 128 

P-ET deficits and subsequent drought development.  129 

 130 

In this study, we use reanalysis precipitation and evapotranspiration to examine the 131 

recurring features of atmospheric forcing accompanying persistent P-ET deficits, addressing the 132 

atmosphere’s role in driving subseasonal drought development in the central U.S. in early (April 133 

1 - May15) versus late (May16 – June30) spring. First, following previous work on persistent 134 

atmospheric anomalies (e.g., Dole and Gordon 1983; Miller et al. 2020), we categorize persistent 135 

P-ET deficits based on the frequency of their varying spatial distributions, intensities, and 136 
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durations. This allows for objective characterization of both persistent P-ET deficits and their 137 

associated large-scale circulation anomalies, including remote teleconnections. We also examine 138 

the relationship between these persistent P-ET deficits and corresponding soil moisture anomalies, 139 

which we find has a connection to flash drought onset. The rest of the paper is organized as follows. 140 

In section 2, reanalysis dataset and soil moisture products are detailed. Section 3 briefly introduces 141 

the atmospheric moisture budget used to diagnose observed atmospheric moisture deficits. In 142 

section 4, we assess the statistics of persistent P-ET deficits, from which we specify the regions, 143 

durations and thresholds to define our events. Section 5 focuses on the evolutions of persistent P-144 

ET deficits and the associated atmospheric circulation anomalies. The impacts of persistent P-ET 145 

deficits on soil moisture anomalies are also examined in this section. A summary and concluding 146 

remarks are presented in section 6. 147 

 148 

2. Data 149 

Observed analyses for April-June 1958-2018 are drawn from the 55-yr Japanese Reanalysis 150 

Project (JRA-55; Kobayashi et al. 2015). JRA-55 provides six-hourly atmospheric and land surface 151 

diagnostic fields at a 1.25° ×1.25° horizontal resolution. JRA-55 data is also available at three-152 

hour increments at the same horizontal resolution for two-dimensional forecast fields, including 153 

the total precipitation and evaporation variables combined in this study as P-ET. The evaporation 154 

variable from the JRA-55 forecast fields represents the moisture flux entering the atmosphere from 155 

below and is therefore equivalent to evapotranspiration over the land area (Japan Meteorological 156 

Agency, JMA, personal communication). We also confirmed that P-ET and the atmospheric 157 

moisture budget are well-balanced within the JRA-55. Thus, we used P-ET to characterize 158 

meteorological droughts throughout this study. All variables were daily averaged and then 159 
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smoothed with a 5-day running mean; all analyses in this paper used this smoothed data. A 1958-160 

2018 daily climatology was calculated from each 5-day running mean field.  161 

 162 

Land analyses in JRA-55 were conducted using an offline land model (the Japan 163 

Meteorological Agency Simple Biosphere Model, JMA SiB; Sellers et al. 1986; Sato et al. 1989) 164 

forced by the atmospheric reanalysis every three hours. JRA-55 has three soil layers whose depths 165 

vary with vegetation types (Li et al. 2020). Over the U.S. east of the Appalachian Mountains, the 166 

depths of these three layers are generally 2 cm, 148 cm, and 200 cm. For the Great Plains, a 167 

transition zone between wet and dry climates, the depths of each layer are approximately 2 cm, 47 168 

cm, and 100 cm (JMA 2014). For all the regions evaluated in this paper, we used the top two layers 169 

to represent the “root zone”, the layer with the highest seasonal variability that typically extends 170 

from 0 to 40 cm (e.g., Zeng 2001; Ghannam et al. 2016). 171 

 172 

JRA-55 soil moisture was compared to soil moisture from an offline simulation of the 173 

Community Land Model version 4.5 (CLM; Oleson et al. 2013). This simulation of CLM was 174 

integrated at 0.5° ×0.5° horizontal resolution and with ten fixed layers in the vertical to about three 175 

meters depth. The simulation of CLM was forced by analyses of observed temperature and 176 

precipitation from the Climatic Research Unit (CRU) version 3.2 – National Centers for 177 

Environmental Prediction (NCEP) dataset (CRUNCEP; Viovy and Ciais 2011). We used the top 178 

five layers (to 36.6 cm depth) to represent the CLM root zone. Precipitation and evapotranspiration 179 

(P-ET) from CLM were also compared to that of JRA-55. 180 

  181 

3. Atmospheric Moisture Budget 182 
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 The atmospheric moisture budget is used to diagnose persistent atmospheric moisture 183 

deficits. The conservation of water vapor within an atmospheric column can be written in flux 184 

form in pressure (p) coordinates, integrated from the surface pressure 𝑝! to the top of the 185 

atmosphere (e.g., Peixoto and Oort 1992), as, 186 

 187 
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1
𝑔𝜌"
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 189 

where 𝑔 is the Earth’s gravitational constant, 𝜌" is the density of water vapor, 𝑞 is specific 190 

humidity, and 𝑉5⃑  is the horizontal wind velocity. P and ET are precipitation and evapotranspiration 191 

at the surface, respectively. Equation (1) states that P-ET is balanced by the column-integrated 192 

moisture tendency and the convergence of column-integrated moisture flux. 193 

 194 

Bringing the divergence operator into the vertical integral of the last term in equation (1) 195 

yields, 196 

 197 
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 199 

The second term on the right-hand side of equation (2) is a boundary term that is often neglected 200 

(see details in Seager and Henderson 2013). The column-integrated divergence of moisture flux, 201 

the first right-hand side term of equation (2), can be separated into two components by vector 202 

identity. Thus, in this study, we approximate the convergence of column-integrated moisture flux 203 

by  204 
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 207 

The first term on the right side of equation (3) represents moisture gain due to net mass 208 

convergence of moisture into the column. This term is dominated by convergence at low levels, 209 

since specific humidity decreases with height. For example, in the presence of strong subsidence, 210 

where mass conservation implies upper-level convergence and lower-level divergence, we can 211 

expect upper-level convergence of moisture into the column to be outweighed by lower-level 212 

divergence of moisture out of the column, resulting in a net drying (e.g., Seager and Henderson 213 

2013). To emphasize this point, we will call this term the “subsidence term”. The second term on 214 

the right-hand side of equation (3) represents moistening due to moisture advection, typically 215 

positive for southerly winds bringing moisture from wetter regions to the south. We call this term 216 

the “advection term”.  217 

 218 

4. Determining criteria for persistent P-ET deficit composites 219 

In this section, we examine the behavior of persistent P-ET deficit anomalies in terms of 220 

their regionality, intensity, and duration in early and late spring. Based upon this behavior, we 221 

determine the criteria used to select events that make up the drought composites discussed in the 222 

following sections. 223 

 224 

a. Selection criteria for regions 225 

During spring, the central U.S. receives 30-45% of its annual precipitation and experiences 226 

maximum P-ET variability (e.g., Wang and Chen 2009; Mo 2011; Agrawal et al. 2021). However, 227 



 11 

for different regions this springtime maximum occurs during either early or late in the season, as 228 

illustrated by Figure 1, which presents the mean and standard deviation of P-ET over the U.S. for 229 

each half of the spring season. In early spring, P-ET is large across a broad region within the central 230 

U.S., from the Great Plains extending to the Ohio and Lower Mississippi River Basins (Fig. 1a). 231 

In late spring, positive values are mostly confined to the central Great Plains region (Fig. 1b), with 232 

large areas of the country apparently acting as a mean source of moisture (i.e., P-ET < 0 as in 233 

Newman et al. 2012). 234 

 235 

Motivated by spatial variations of P-ET climatology and the location of notable springtime 236 

subseasonal droughts (Table 1), we selected three regions within the broad central U.S. (indicated 237 

in Fig. 1 and listed in Table 2): (1) the Ohio Valley, where some of the most severe central U.S. 238 

droughts over the recent decades occurred, including the 1980, 1988, and 2012 droughts; (2) the 239 

Central Great Plains (C-GP), one of the most susceptible regions to warm season drought in the 240 

U.S., including the Dust Bowl in the 1930s, the extended drought in the 1950s (e.g., Cook et al. 241 

2011), and many subseasonal-to-seasonal springtime droughts during our study period; and (3) the 242 

Northern Great Plains (N-GP), which experienced the 2017 Northern Great Plains flash drought 243 

in early May 2017. We constructed indices from area-averaged P-ET anomalies within each box, 244 

where each box is sized so that the correlation between the index and P-ET anomalies at each grid 245 

point within the box is everywhere above 0.7. All three selected regions have relatively high P-ET 246 

variability within the central U.S. during either early or late spring (Fig. 1, bottom panels). 247 

 248 

b. Selection thresholds for intensity & duration of persistent P-ET deficits 249 
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Two-dimensional cumulative histograms of intensity and duration for P-ET anomalies in 250 

each region, also called intensity-duration-frequency (IDF) diagrams, are used to identify 251 

subseasonal meteorological droughts (Fig. 2). Our analysis followed the approach taken in studies 252 

of persistent anomalies in different meteorological or oceanographic contexts, which leveraged 253 

similar IDF relationships to define events such as atmospheric blocking (e.g., Dole and Gordon 254 

1983; Miller et al. 2020) and marine heat waves (e.g., Scannell et al. 2016; Xu et al. 2021). In this 255 

study, we similarly defined a persistent P-ET deficit as an extended period of dry (negative) P-ET 256 

anomalies. The onset date of a single P-ET deficit event is the time at which the magnitude of the 257 

negative P-ET anomaly first rises above a specified threshold, whose intensity is measured in units 258 

of standard deviation (std) of P-ET, calculated separately for early and late spring. The event 259 

duration is then the number of days that the P-ET deficit remains above the intensity threshold for 260 

that event. The statistics of all such persistent P-ET deficit events are gathered to produce Figure 261 

2, which shows the cumulative frequency (shading) of events for varying values of intensity 262 

(ordinate) and duration (abscissa). For example, the value plotted for 1.0 std intensity and 7-day 263 

duration represents the cumulative frequency of all events for which persistent P-ET deficits are 264 

equal or greater than one standard deviation and persist for at least seven days.  265 

 266 

Details of the IDF plots are broadly similar across the three regions and between both sub-267 

seasons. Frequency generally declines monotonically with increasing intensity and duration. Still, 268 

there are a few notable differences. For the Ohio Valley (Fig. 2, left panels), P-ET deficits of a 269 

given intensity persisted slightly longer in late spring than in early spring. In the C-GP (Fig. 2, 270 

central panels), P-ET deficits also tended to persist longer in late spring than in early spring, given 271 
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the same intensity threshold. In contrast, P-ET deficits in the N-GP (Fig. 2, right panels) tended to 272 

persist longer in early spring compared to late spring, especially for events with greater intensity.  273 

 274 

The frequency of occurrence does not show a dependence upon either intensity or duration 275 

that would clearly distinguish extreme from non-extreme events. That is, using any pair of intensity 276 

and duration values to define an “extreme” event appears to be inherently arbitrary, with a trade-277 

off between increasing the event sample size on the one hand and capturing particularly extreme 278 

(in intensity and/or duration) events on the other. Therefore, to define persistent P-ET deficit 279 

events, we chose an intensity threshold corresponding to a frequency of 0.5%, which yielded at 280 

least ten events for each region in each sub-season. We have tested the sensitivity of our results 281 

based upon different thresholds for intensity and duration and found that the results were 282 

qualitatively insensitive to these choices (not shown). The criteria (thresholds for duration and 283 

intensity) are different for each region but are fixed for both early and late spring. The thresholds 284 

and sample sizes for each region, along with the onset dates of the events, are included in Table 2.  285 

 286 

c. Composites and statistical significance  287 

 Composites were constructed for each region during each sub-season, averaging across the 288 

events whose onset dates were listed in Table 2. The statistical significance of composites was 289 

assessed using Monte Carlo resampling. First, the onset dates were randomly chosen in the spring 290 

season based on the same sample size of selected persistent P-ET deficits events in each sub-season 291 

and region. By compositing the variables for randomly selected days and repeating the procedure 292 

1000 times, we could approximate the distribution of the sample mean and subsequently assess 293 

the significance of the targeted composites. We separately tested whether composite anomalies 294 
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and/or differences between early and late spring composites were significantly different from zero 295 

at the 95% confidence level, based on this bootstrapping method. 296 

 297 

5. Evolution of persistent P-ET deficits and associated anomalies 298 

 In this section, we examine the composite evolution of large-scale circulation anomalies 299 

related to persistent P-ET deficits in the three central U.S. regions during early and late spring. We 300 

begin by considering the Ohio Valley region, and then compare to the C-GP and N-GP regions. 301 

The composite evolution of soil moisture anomalies is also investigated at the end of this section. 302 

 303 

a. Ohio Valley 304 

We first demonstrate how seasonality may impact the structure of the wave-train arcing 305 

across the North Pacific-North America (NP-NA) region, by correlating Northern Hemisphere 306 

300hPa meridional wind upon Ohio Valley P-ET, for the entire spring season (Fig. 3, top panels) 307 

and separately for both early (Fig. 3, middle panels) and late (Fig. 3, bottom panels) spring. In 308 

early spring, five days prior to the Ohio Valley P-ET target (lag -5), a wave-train emanates from 309 

east of Japan to North America (Fig. 3c). Five days later (at lag 0), the wave-train’s centers of 310 

maximum amplitude have propagated considerably eastward across North America into the 311 

Atlantic, albeit with little phase propagation (Fig. 3d). In late spring (Fig. 3e), the Ohio Valley P-312 

ET is again related to a wave-train originating near Japan, spanning the North Pacific to reach 313 

North America. However, the scale of this wave-train is smaller than in early spring, with the late 314 

spring wave-train having one more center and being more meridionally confined to the 40°N-60°N 315 

band. These differences are consistent with the Rossby waveguide changing over the course of the 316 

spring season, with both a weaker and narrower jet in late spring (cyan lines in Fig. 3), resulting 317 
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in a reduction in the spatial scales of stationary Rossby waves (e.g., Newman and Sardeshmukh 318 

1998). 319 

 320 

The reduction of the Rossby wave scale from early to late spring supports the separation 321 

of the springtime analysis into two sub-seasons. Moreover, when we repeat the correlation analysis 322 

over the entire spring season (Fig. 3, top panels), the Ohio Valley P-ET appears related to a local 323 

wave-train emanating from the eastern North Pacific five days prior to the Ohio Valley P-ET 324 

anomaly peak (Fig. 3a). The wave-train subsequently intensifies with little downstream 325 

propagation (Fig. 3b). That is, if the spring season were treated as a whole, the distinct upstream 326 

teleconnection patterns in early and late spring would be mispresented, the result of averaging two 327 

Pacific wave-trains that are not in phase. 328 

 329 

The composite anomalies related to persistent P-ET deficits over the Ohio Valley, shown 330 

in Figure 4, also appear to be associated with large-scale Rossby waves whose spatial scale changes 331 

from early to late spring. In early spring, both upper-level geopotential height and lower-level 332 

meridional wind anomalies (see Hovmöller diagrams of Figs. 4c,d) include a Rossby wave packet 333 

(RWP) appearing to originate from the western North Pacific about ten days before the onset of 334 

the composite persistent P-ET deficit. While the waves within the RWP are quasi-stationary, the 335 

RWP itself has a pronounced eastward group velocity across the North Pacific, reaching North 336 

America two days before the P-ET deficit onset (Figs. 4a,c). The slow phase propagation of the 337 

individual troughs and ridges within the RWP allows for persistent surface anomalies to develop 338 

over the Ohio Valley. The picture is broadly similar in late spring, when again a quasi-stationary 339 

RWP propagates across the NP-NA sector (Figs. 4g,h), with the arrival of a high amplitude quasi-340 
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stationary RWP over the Ohio Valley region leading to a P-ET deficit there. However, this RWP 341 

shows less phase propagation and statistically significantly narrower horizonal scale than the RWP 342 

during early spring (cf. Figs. 4g to 4c). As a result, the persistent P-ET deficits are more localized 343 

in the region in late spring than in early spring (cf. Figs. 4e to 4a).  344 

 345 

To explore the potential forcing that might trigger the quasi-stationary RWPs, we next 346 

examine the composites of anomalous column-integrated diabatic heating and 300hPa geopotential 347 

height for the persistent P-ET deficits (Fig. 5). In early spring (Fig. 5, left panels), a dipole of 348 

convective anomalies persists across the tropical western Pacific from ten days before the onset, 349 

but both have limited areal extent. In late spring (Fig. 5, right panels), small scale and transient 350 

heating anomalies are again located upstream of the RWP in the western tropical Pacific. While 351 

there are statistically significant upstream diabatic heating sources present for both early and late 352 

spring, it is unclear what role (if any) they have in forcing the downstream RWPs.  353 

 354 

In both early and late spring, the quasi-stationary RWP induces an anomalous ridge located 355 

west of the Ohio Valley, as well as a downstream trough that is considerably stronger in early 356 

spring (Figs. 4 and 5). At the onset of the persistent P-ET deficits, the ridge has a largely equivalent 357 

barotropic vertical structure with a slight northwestward tilt (Fig. 6, top panels, cf. black and green 358 

contours). Negative vorticity advection drives strong subsidence downstream of this ridge (Fig. 6, 359 

top panels), following the quasi-geostrophic omega equation. The subsidence corresponds with 360 

low-level divergent flow (which may be inferred from the arrows in the bottom panels of Fig. 6) 361 

and strong local drying of the mid-to-lower troposphere, within and to the south of the Ohio Valley 362 

region (Fig. 6, bottom panels, shading).  363 
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 364 

Examination of the atmospheric moisture budget (Fig. 7) shows that this atmospheric 365 

drying over the Ohio Valley (see also Figs. 7b and e) may be primarily attributed to the strong 366 

subsidence seen in Figure 6 and its corresponding impact on column-integrated moisture flux 367 

convergence via the subsidence term in equation (3) (purple dashed lines, Figs. 7c and f), rather 368 

than to reduced moisture advection (pink dotted lines) arising from the anomalous low-level 369 

northerlies (Figs. 7b and e). In fact, apart from atmospheric drying (that is, the negative moisture 370 

tendency), negative P-ET anomalies are largely balanced by the subsidence term, with both having 371 

increased amplitude starting about three days prior to the onset of the event (cf. green solid and 372 

purple dashed lines in Figs. 7c and f), for both early and late spring. This rough balance continues 373 

throughout the course of the persistent P-ET deficits, suggesting that these meteorological droughts 374 

are driven by strong subsidence rather than anomalous dry advection into the region or reduction 375 

in the climatological moisture transport from the south.  376 

 377 

 It is particularly noteworthy that Ohio Valley persistent P-ET deficits are not preceded by 378 

local warm temperature anomalies (Fig. 4, left two columns), either in early or late spring, 379 

suggesting that these moisture deficits are not initiated by enhanced evapotranspiration related to 380 

above-average temperatures. Instead, the warm temperature anomalies largely occur after the 381 

maximum P-ET deficit, concurrent with local development of anomalous Z300 ridging (Fig. 4, 382 

center two columns). Interestingly, the temperature anomalies are much weaker in late spring than 383 

in early spring. 384 

 385 

b. C-GP 386 
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Similar to those in the Ohio Valley, persistent P-ET deficits over the C-GP are related to 387 

RWPs crossing the NP-NA sector (Fig. 8) that show more phase propagation and wider horizontal 388 

scale in early than in late spring (cf. Figs. 8c to 8g). There is also a similar pattern of subsidence, 389 

which is again more widespread in early than late spring (Figs. 9a,c and Figs. S1a,c). The C-GP 390 

composite RWP has some key elements in common with wave patterns observed during the onset 391 

or intensification of some historical subseasonal droughts in spring in the central Great Plains (see 392 

Table 1 for references). In late May 1988, a Rossby wave triggered by convective anomalies over 393 

the western tropical Pacific propagated across the NP-NA sector in fewer than five days, resulting 394 

in a quasi-stationary wave-train with a strong anomalous ridge over north-central North America 395 

and an anomalous trough over the southeastern U.S., which persisted for over ten days (e.g., Mo 396 

et al. 1991; Chen and Newman 1998; Wang et al. 2017), leading to persistent P-ET deficits over 397 

the C-GP and Ohio Valley. Similarly, the 2012 Great Plains flash drought was driven by a series 398 

of persistent precipitation deficit episodes over the C-GP during May and June. Each of these 399 

episodes was embedded within a wave-train propagating from the western North Pacific, with the 400 

central U.S. sandwiched between an anomalous ridge and trough (DeAngelis et al. 2020). Thus, 401 

our composite analysis has captured some recurring features of NP-NA wave patterns seen during 402 

these historical springtime subseasonal droughts. 403 

 404 

The vertical cross sections in Figures. 9a and c show that subsidence is again located 405 

downstream of the anomalous ridge west of the C-GP (Fig. 8, third column). Similar to the Ohio 406 

Valley composite, the atmospheric moisture budget within the C-GP is largely dominated by the 407 

local subsidence term (Fig. 10, bottom panels, purple dashed lines). The advection term does play 408 

a more important role until about a day before onset in early spring (Fig. 10c, pink dotted line), 409 
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but in late spring its role is even less than in the Ohio Valley (Fig. 10f). In fact, the P-ET deficit is 410 

almost entirely balanced by the subsidence term in late spring (cf. green solid and purple dashed 411 

lines in Fig. 10f), leaving only a relatively small residual drying of the atmospheric column.  412 

 413 

 Despite the overall similarity of the persistent P-ET deficits between the C-GP and the 414 

Ohio Valley, some regional details are different in late spring. The RWPs related to the C-GP 415 

persistent P-ET deficits are stronger, more stationary, and thus more persistent, compared to the 416 

Ohio Valley composite (cf Figs. 8g to 4g). Also, the concurrent warm temperature anomalies are 417 

centered west of the C-GP in late spring (Fig. 8f), distinct from the early spring feature (Fig. 8b) 418 

and the Ohio Valley ones (Figs. 4b,f).  419 

 420 

c. N-GP 421 

The general features of the large-scale circulation anomalies related to the N-GP persistent 422 

P-ET deficits resemble those discussed for the Ohio Valley and C-GP: quasi-stationary RWPs 423 

across the NP-NA include a persistent anomalous ridge west of the N-GP (Fig. 11) and strong 424 

downstream subsidence desiccating the atmospheric moisture over the region (Figs. 9b,d and Figs. 425 

S1b,d) in both early and late spring. In fact, individual early spring N-GP and C-GP events are 426 

often influenced by the same wave-train extending westward to the dateline, so that many of the 427 

persistent P-ET deficit events in both regions coincide (7 out of 11 early spring C-GP events 428 

coincide with N-GP events; see Table 2). This suggests that the spatial scale of the early spring 429 

anomalies is large enough to impact both regions simultaneously, with a slight delay due to the 430 

RWP propagation. By late spring, on the other hand, with the reduction in the RWP meridional 431 

scale, N-GP events no longer arise from the same RWP and are generally not coincident with C-432 
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GP (or Ohio Valley) events. This distinct change in the regionality from early to late spring is 433 

clearly seen in the vertical structure composites (Fig. 9). In early spring, the circulation and 434 

moisture anomalies for the C-GP and N-GP persistent P-ET deficit events have substantially 435 

similar vertical structures (Fig. 9, left panels). In late spring, however, while the circulation 436 

anomalies for the C-GP events remain largely similar to the early spring one with the anomalous 437 

ridge slightly west of the C-GP (Figs. 9c, S1c), the circulation anomalies for the N-GP events shift 438 

westward with the upper-level trough more centered to the N-GP and the ridge located further west 439 

(Figs. 9d, S1d). Thus, the large-scale circulations responsible for the N-GP events are distinct from 440 

the ones for the C-GP events in late spring. 441 

 442 

Another dissimilarity in the regionality among the central U.S. from early to late spring 443 

exists in the average P-ET (Fig. 1, top panels). In early spring, P overwhelms ET in all three regions 444 

so that P-ET > 0 (Fig. 1a). In late spring, ET overwhelms P over the N-GP (Fig. 1b), and this 445 

region acts as a mean source of moisture (i.e., P-ET < 0). This would matter if we define 446 

meteorological droughts based on persistent P deficits, rather than P-ET, as many previous studies 447 

have done. The composite relationship between P deficits, near-surface temperature anomalies, 448 

and large-scale circulation over the Ohio Valley and C-GP (not shown) are similar to the one based 449 

on P-ET deficits (Figs. 4, 8), though the events are not exactly the same, with some events more 450 

dominated by enhanced ET that would be left out. On the other hand, for the N-GP, in early spring, 451 

the persistent P deficits are still clearly related to RWPs across the NP-NA, though the events 452 

number drop to only six events (Fig. S3, top panels). Nevertheless, in late spring, the relationship 453 

among P deficits, temperature anomalies, and circulation anomalies (Fig. S3, bottom panels) 454 

displays very different features from the ones based on P-ET deficits (Figs. 11e-h), demonstrating 455 
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the importance of ET in driving meteorological drought over the N-GP in late spring and a distinct 456 

regionality among the central U.S. compared to the early spring one. 457 

  458 

d. Evolution of anomalous root zone soil moisture related to the persistent P-ET deficits 459 

For all three central U.S. regions examined, persistent P-ET deficits arise largely due to 460 

strong subsidence related to large-scale RWPs. These regions consequently became moisture 461 

sources for other remote regions (Figs. 7 and 10). Basic conservation arguments suggest that this 462 

moisture must come from the land surface, eventually leading to a soil moisture deficit there as 463 

well. Thus, we additionally examined the evolution of soil moisture corresponding to the 464 

composite evolution described above. Only the results for the Ohio Valley are shown here (Fig. 465 

12); results for the C-GP and N-GP regions are qualitatively similar (Figs. S4, S5).  466 

 467 

The composite evolution of P-ET anomalies (Fig. 12, top row) shows that the persistent P-468 

ET deficits are not systematically preceded by other persistent P-ET deficits, though some 469 

examples are found. Correspondingly, antecedent composite soil moisture is near average (Fig. 470 

12, second row), albeit with substantial event-to-event differences. At event onset, composite soil 471 

moisture rapidly decreases in response to the developing P-ET deficits, declining from the 50th to 472 

below the 20th percentile within about five days. This rapid decline is seen in both the JRA-55 473 

(brown lines) and CLM (orange lines) soil moisture products. Note that the pronounced steep 474 

decline in soil moisture percentile after event onset occurs for the individual events as well, despite 475 

their different antecedent soil moisture conditions (grey lines in Fig. 12, second row).  476 

 477 
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As noted earlier, warm temperature anomalies emerge after the initiation of soil moisture 478 

decline in both early and late spring (Fig. 12, third row). In fact, the temperature anomalies cool 479 

at event onset, consistent with strong anomalous diabatic cooling over the region (dark green lines 480 

in Fig. 12, bottom row) that is mainly due to evaporative cooling (light green lines). This supports 481 

the idea that as subsidence dries the atmospheric column, moisture is supplied from the land 482 

surface, leading to enhanced evaporation and hence near-surface cooling. While both adiabatic 483 

warming driven by subsidence and diabatic warming from increased incoming solar radiation may 484 

also occur, they appear insufficient to initially overcome the evaporative cooling. Eventually, with 485 

drying surface conditions, warming does overcome cooling and surface temperatures increase, 486 

after event onset. The evolution of these variables suggests that anomalous surface warmth is 487 

unlikely to play a critical role in triggering the rapid decline in soil moisture, in any of these three 488 

regions in either early or late spring.   489 

 490 

 While soil moisture declines rapidly in response to the persistent atmospheric moisture 491 

deficit, it recovers much more gradually, leading to prolonged anomalous root-zone dryness well 492 

after the P-ET anomaly has returned to normal. In early spring (Fig. 12b), it takes about a month 493 

after the onset for the composite soil moisture deficit to rise above the 30th percentile level. In late 494 

spring (Fig. 12f), however, soil moisture dryness persists more than two months on average. These 495 

results, as well as those of the other two regions, suggest that extended periods of low soil moisture 496 

levels may be initiated by extreme atmospheric anomalies persisting only a little over a week.  497 

 498 

 The composite relationship between persistent P-ET deficits, rapid decline in soil moisture, 499 

and lagged near-surface warmth captures details observed in some past springtime subseasonal 500 
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drought events. For example, in late May 1980, large-scale circulation anomalies extending from 501 

the North Pacific led to persistent precipitation deficits over the C-GP (Namias 1982; Lyon and 502 

Dole 1995). Soil moisture rapidly declined following the onset of the precipitation deficit (Mo and 503 

Lettenmaier 2016). Persistent record-breaking warm temperature anomalies did not show up until 504 

mid-June, well after the drought onset. Both soil moisture deficits and warm temperature 505 

anomalies persisted throughout the summer (Lyon and Dole 1995; Mo and Lettenmaier 2016). 506 

Similarly, for the 2017 Northern Great Plains flash drought, precipitation deficits persisted from 507 

late April to early May, triggering soil moisture declines from above the 80th percentile to below 508 

the 20th percentile in one month (Hoell et al. 2019b; Pendergrass et al. 2020). Temperature 509 

anomalies were persistently negative in late April and did not become persistently warm until early 510 

May, after the initiation of soil moisture decline. Soil moisture did not recover to normal conditions 511 

until mid-September (Hoell et al. 2019b; Chen et al. 2020; Pendergrass et al. 2020).  512 

 513 

Finally, we tested the sensitivity of the development of the soil moisture deficits to different 514 

thresholds of intensity and duration used to define the P-ET deficit events. Figure 13 shows that 515 

the rapid and large decline in soil moisture following the P-ET deficit onset is a robust feature of 516 

the event composites, especially during late spring. In response to varying the intensity and 517 

duration thresholds used to determine the P-ET deficit composites, the primary difference in the 518 

soil moisture response is the duration of the resulting drought. In general, the initial decrease of 519 

soil moisture is about 30 percentiles in less than two weeks, in both early and late spring.   520 

 521 

6. Concluding remarks 522 
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In this study, we developed a more comprehensive picture of the role of persistent 523 

atmospheric anomalies in initiating subseasonal drought development over the central U.S. during 524 

spring. The composite evolutions of persistent P-ET deficits lasting at least one week over three 525 

central U.S. regions are related to quasi-stationary RWPs that extend from the western North 526 

Pacific to North America. The RWPs impose an anomalous ridge to the west of each region, 527 

inducing strong downstream subsidence and the resulting low-level divergent outflow, which dries 528 

the atmosphere and drives moisture out of the region, leading to persistent P-ET deficits. The land 529 

supplies its available moisture to the atmosphere and the resulting soil moisture deficits could 530 

persist one month or longer, especially in late spring. Anomalous surface warmth does not develop 531 

until after the drought onset and is preceded by anomalous diabatic cooling at the onset.  532 

 533 

We conclude that, during spring in the central U.S., rapid decline in anomalous soil 534 

moisture is driven dynamically by atmospheric drying due to large-scale subsidence and the 535 

resulting low-level divergent outflow, rather than thermodynamically by drying due to 536 

anomalously warm near-surface temperatures. In our observational analysis, strong and persistent 537 

P-ET deficits initially correspond to strong subsidence (Figs. 6, 7), which also corresponds to 538 

diabatic cooling (Figs. 5, 12) that is a consequence of strong anomalous evaporation. This suggests 539 

that, in an energy-limited area such as the springtime central U.S., the subsidence dynamically 540 

enhances the atmospheric demand for moisture (also called evaporative demand, e.g., Hobbins et 541 

al. 2016), wherein the atmosphere draws moisture from the land surface, leading to enhanced 542 

evaporation and hence anomalous surface cooling (Fig. 12). Without replenishment from 543 

precipitation, the soil moisture eventually cannot meet the evaporative demand, leading to a 544 

decrease in latent heat flux. Then, in the face of continued subsidence and related adiabatic 545 
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warming, an increase in sensible heat flux and the attendant surface warmth must emerge (e.g., 546 

Seneviratne et al. 2010; Berg et al. 2014), after the drought onset, to maintain the surface energy 547 

balance. That is, the subsidence exerted by the large-scale RWP dynamically dries the land surface, 548 

inducing the drought, and then warms the surface: surface warmth is a consequence rather than a 549 

cause of the drought.   550 

 551 

In our composites, the rapid decline in soil moisture behaves like flash drought (e.g., Hunt 552 

et al. 2009; Otkin et al. 2016). In fact, one current flash drought definition is based upon the 553 

criterion that soil moisture has declined from above the 40th percentile to below the 20th percentile 554 

over a period shorter than 20 days (e.g., Ford and Labosier 2017; Koster et al. 2019; Lisonbee et 555 

al. 2021), consistent with the decline rate of soil moisture in our composites (Fig. 12, second row). 556 

The rapid onset of flash drought has been attributed to an initial increase in evaporative demand 557 

due to high surface temperature (e.g., Otkin et al. 2013, 2018; Ford and Labosier 2017) and the 558 

resulting land-atmosphere coupling that accelerates the depletion in soil moisture. Thus, many 559 

other flash drought definitions have focused on evaporative demand-related indices, including the 560 

Evaporative Demand Drought Index (EDDI, e.g., Hobbins et al. 2016; Pendergrass et al. 2020; 561 

Lisonbee et al. 2021), Rapid Change in the Evaporative Stress Index (RCI, e.g., Otkin et al. 2014; 562 

Chen et al. 2020; Lisonbee et al. 2021) and Standard Evaporative Stress Ratio (SESR, e.g., 563 

Christian et al. 2019; Lisonbee et al. 2021). It would be interesting to examine whether in our 564 

composites, the change in evaporative demand is consistent with these flash drought definitions.  565 

 566 

Our composites, however, were based upon persistent deficits in atmospheric moisture 567 

supply, or P-ET, without tailoring our definition to some of those common characteristics 568 
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emphasized in previous flash drought studies. Also, we selected our events based on intensity and 569 

duration of the P-ET deficits, without considering the rapidity of the development. Nevertheless, 570 

in our P-ET composite events, the soil moisture deficit still rapidly developed, with warm 571 

temperature anomalies emerging after the initiation of soil moisture decline. This suggests that 572 

elevated temperature is not a necessary condition to trigger rapid soil moisture decline in spring. 573 

Of course, our composite analysis provides only an average across multiple events; some 574 

individual events preceded by large positive soil moisture anomalies could undergo considerable 575 

drying without reaching soil moisture drought conditions. The important conclusion that may be 576 

drawn from our results is that flash droughts can be induced by dynamically driven enhanced 577 

evaporative demand leading to persistent P-ET deficits.  578 

 579 

Some previous studies indicated that subseasonal persistent dry episodes in the warm 580 

season in the central U.S. are likely influenced by suppressing northward moisture transport of the 581 

Great Plains Low-Level Jet (GPLLJ) (e.g., Mo et al. 1997; Schubert et al. 1998; Wang et al. 2019). 582 

The warm season subseasonal drought could also be attributed to dry advection (Schiraldi and 583 

Roundy 2017). In contrast, our results suggested that local subsidence and the resulting low-level 584 

divergent outflow associated with the RWPs, rather than advection of anomalously drier air, are 585 

primarily responsible for the springtime subseasonal drought development. One possible 586 

explanation for this discrepancy is that previous studies included spring and summer together, 587 

whereas we have focused only on spring. On the other hand, note that low-level northerly wind 588 

anomalies are generally present in our composites, but their impact within the moisture budget, 589 

and therefore on the P-ET deficit, appears to be mostly secondary. A detailed moisture budget 590 

analysis, using different timescales for spring and summer separately, may be more suitable for 591 
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understanding regarding the relationship between central U.S. precipitation variability and large-592 

scale circulations including the GPLLJ.  593 

 594 

We separated early and late spring due to the climatological change in the North Pacific 595 

Rossby waveguide in mid-May. Our results suggested that the separation was necessary even 596 

though we reduced the sample size by doing so. The horizontal scales of the RWPs significantly 597 

decrease from early to late spring. Also, the late spring RWPs display a faster group velocity but 598 

slower phase propagation, compared to early spring. As a result, the downstream persistent 599 

atmospheric forcing exerted by the RWPs may be more localized in late spring. The similarity and 600 

dissimilarity of hydroclimatic variability between regions within the central U.S. may also change 601 

from early to late spring. For example, the C-GP and N-GP are often influenced by the same wave-602 

train in early spring, but not in late spring. All these early-late spring differences suggest that in 603 

studying the warm season hydroclimatic variability in the central U.S., treating the spring season 604 

or warm season as a whole would introduce misleading signal or causality through averaging two 605 

different phenomena with distinct backgrounds (e.g., Namias 1983; Newman and Sardeshmukh 606 

1998). 607 

 608 

Our composites captured recurring features seen in many historical springtime subseasonal 609 

droughts. However, whether there is any systematic remote forcing linked to these wave-trains is 610 

less clear. This could be due to large event-to-event differences in the remote atmospheric forcing 611 

sources among the historical events. Alternatively, these quasi-stationary RWPs might be triggered 612 

by localized short-lived tropical heating events, rather than steady tropical forcing that our 613 

composites would highlight. Branstator (2014), using atmospheric general circulation model 614 
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experiments, showed that a pulse of tropical forcing persisting for only two days could trigger a 615 

quasi-stationary Rossby wave propagating across the extratropical NP-NA sector and remaining 616 

for over two weeks. Such forcing sources, especially if they are relatively small scale, might be 617 

difficult to clearly identify and diagnose in our composite analysis. Future work could disentangle 618 

the potential source of the RWPs, including using idealized model experiments forced with 619 

regional diabatic heating anomalies to diagnose how the change in the basic state from early to 620 

late spring changes the resulting large-scale wave-trains. Such experiments could also evaluate 621 

how the strong diabatic cooling within the drought region might feedback on the atmospheric 622 

anomaly there, and lead to further understanding of the predictability of springtime large-scale 623 

circulation anomalies and hence the downstream drought development, which may change during 624 

the spring season. 625 

 626 

Our analysis for the central U.S. suggests that rapidly developing springtime droughts are 627 

typically dynamically driven by persistent atmospheric forcing related to large-scale wave-trains 628 

crossing the North Pacific. Hence, related springtime soil moisture deficits appear “demand-629 

driven”, with the atmosphere continuously drawing moisture from the climatologically moist 630 

underlying land surface, rather than “supply-driven” due to the reduced moisture transport, say 631 

from the GPLLJ. These deficits then can persist for a month or more, suggesting that even though 632 

the atmospheric forcing and the resulting rapid drought onset may only be predictable over a week 633 

or two, an upcoming subseasonal agricultural drought may be predictable once the upstream RWP 634 

forcing has begun.  635 

 636 
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Table 1. Previous studies on the five most notable springtime subseasonal drought developments 920 

in 1958 to 2018, including the main drought area and the drought evolutions.  921 

 922 
Event Region Onset & Evolution Topics References 

1980 

The Great 
Plains 

extend to 
the eastern 

US 
 

Anomalous large-scale circulations 
developed rapidly, within a week 
period, near the end of May, 
imposing a persistent anomalous 
ridge over the southern Plains and 
leading to the extensive drought 
condition from June to September. 

Evolutions of regional meteorological conditions Karl and Quayle 1981;  
Mo and Lettenmaier 2016  

Remote SST forcing & teleconnections Namias 1982  

Associated large-scale atmospheric circulations Mo and Lettenmaier 2016 
Remote SST forcing & teleconnections triggered 
the drought onset in the late spring; land-
atmosphere feedback prolonged the drought 
condition through the summer 

Namias 1983;  
Lyon and Dole 1995  

Relative roles of SST forcing versus 
soil moisture forcing Wolfson et al. 1987  

1988 

Across the 
contiguous 

US 
 

Persistent precipitation deficit  
began in March but rapidly 
exacerbated from late May and 
extended through summer, caused 
by two rapidly development large-
scale wave-trains across the North 
Pacific, imposing anomalous ridges 
over the Great Plains near the end 
of May and mid-late June.  

Remote SST forcing & teleconnections 

Palmer and Branković 
1989; Trenberth et al. 
1988; Mo et al. 1991; Chen 
and Newman 1998  

Role of internal atmospheric variability Seager and Hoerling 2014  

Role of large-scale Rossby wave-trains Wang et al. 2017  

Relative roles of remote diabatic heating and 
transient eddies fluxes Liu et al. 1998   

Remote SST forcing & teleconnections drove 
drought development in the late spring; land-
atmosphere feedback prolonged the drought 
condition through the summer 

Namias 1991; Lyon and 
Dole 1995; Trenberth and 
Branstator 1992; Trenberth 
and Guillemot 1996  

Relative roles of SST forcing versus local land-
atmosphere feedback Atlas et al. 1993  

Predictability and model predictive skill  Namias 1991 

2011 

Mostly 
entire 

Texas, but 
also 

extended 
to 

Oklahoma 
and 

Kansas 
 

Persistent precipitation deficit 
began in the winter of 2010/11.  
Suppressed convection in April 
2011 intensified the drought 
condition rapidly and lead to 
extreme dry & record-breaking heat 
in the following summer.  

Evolutions of regional drought indices Otkin et al. 2013  

Local thermodynamics structure & land-
atmosphere feedback Fernando et al. 2016  

Regional moisture transport & recycling Erfanian and Fu 2019;  
Roy et al. 2019  

Remote SST forcing & teleconnections  

Hoerling et al. 2013; 
Seager et al. 2014; Wang 
et al. 2014; Fernando et al. 
2016  

Potential role of human-induced climate change Hoerling et al. 2013 

Predictability and model predictive skill  Seager et al. 2014  

2012 Extensive 
central US 

Persistent precipitation deficit and 
warm anomalies in mid-May 
induced rapid decline in soil 
moisture and the onset of the 
drought. 
Another stronger and persistent 
precipitation deficit and heat wave 
in late-June through early July 
accelerated the drought 
development. 

Evolutions of local land conditions 
Otkin et al. 2016, 2018; 
Basara et al. 2019; 
DeAngelis et al. 2020 

Regional moisture transport & recycling 
Basara et al. 2019; 
Erfanian and Fu 2019;  
Roy et al. 2019  

Role of SST forcing versus internal atmospheric 
variability 

Kumar et al. 2013; 
Hoerling et al. 2014  

Remote SST forcing & teleconnections Wang et al. 2014 

Predictability and model predictive skill 

AghaKouchak 2014; Kam 
et al. 2014; PaiMazumder 
and Done 2016; DeAngelis 
et al. 2020  

2017 

The 
northern 

Great 
Plains, 

Persistent precipitation deficit 
began in April through August. Soil 
moisture swiftly declined in late-
May, from above normal to drought 

Evolutions of regional meteorological conditions 

Gerken et al. 2018; Hoell 
et al. 2019b, 2020; Chen et 
al. 2020; Pendergrass et al. 
2020 
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including 
Dakotas 

and 
Montana 

condition (20th percentiles) within 
few weeks.  

Remote SST forcing and large-scale circulations Wang et al. 2019 

Contribution of human-induced climate change  Hoell et al. 2019a,b;  
Wang et al. 2019  

Forecasting skill of the potential flash drought 
development tool used in NOAA Climate 
Prediction Center (CPC) Monthly Drought 
Outlook 

Chen et al. 2020  

Predictability and model predictive skill  Hoell et al. 2019b  

 923 

  924 
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Table 2. The thresholds of intensity and duration used to select persistent P-ET deficits events for 925 

each region (indicated in Figure 1). The table also includes the onset dates of all selected events in 926 

early (April 1-May 15) and late (May 16-June 30) spring in each region, whose geographical 927 

domain is also indicated. The numbers of events for each subset are shown in the parentheses.  928 

 929 

  930 

Ohio Valley Central Great Plains 
 (C-GP) 

Northern Great Plains  
(N-GP) 

91°W-82°W, 35°N-40°N 100°W-93°W, 35°N-40°N  104°W-96°W, 43°N-48.5°N  
Intensity: ≤	-1 std 

Duration: at least 8 days 
Intensity: ≤	-1 std 

Duration: at least 7 days 
Intensity: ≤	-1 std 

Duration: at least 7 days 
Early (14) Late (13) Early (11) Late (18) Early (14) Late (10) 
1960-04-08 1966-05-28 1962-05-05 1959-06-06 1968-04-28 1968-05-23 
1962-04-20 1966-06-21 1968-04-28 1963-06-28 1973-05-11 1970-06-21 
1962-05-15 1967-06-09 1973-05-12 1964-05-17 1977-04-25 1973-06-08 
1963-05-04 1970-05-21 1987-04-26 1966-05-26 1980-04-20 1973-06-23 
1965-05-01 1970-06-30 1987-05-10 1970-06-30 1987-04-25 1974-06-14 
1971-04-11 1972-05-19 1988-05-07 1972-06-02 1987-05-08 1978-06-06 
1976-04-05 1984-06-02 1992-05-03 1974-06-20 1988-04-10 1983-05-25 
1977-04-10 1986-06-16 2006-04-12 1976-06-04 1992-04-28 1988-06-19 
1977-05-12 1988-05-29 2006-05-14 1977-06-04 1993-05-13 2008-06-16 
1980-05-02 2005-06-17 2012-04-20 1978-06-11 1997-05-09 2013-06-29 
1981-04-28 2007-05-21 2012-05-12 1980-06-09 2006-05-15  
1995-04-01 2011-05-31  1988-06-07 2007-04-27  
2001-04-27 2012-06-22  1994-05-19 2012-05-11  
2015-04-30   1995-06-15 2017-05-06  

   2002-06-21   
   2005-06-22   
   2012-06-26   
   2016-06-06   
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 931 

Figure 1. JRA-55 daily P-ET (top) climatological mean and (bottom) standard deviation (𝜎) in 932 

(left) early and (right) late spring. Boxes indicate the three regions used in this study: Ohio 933 

Valley (91°W-82°W, 35°N-40°N), C-GP (100°W-93°W, 35°N-40°N), and N-GP (104°W-96°W, 934 

43°N-48.5°N).   935 

  936 
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 937 

Figure 2. Intensity-duration-frequency diagrams of P-ET deficits over the (left) Ohio Valley, 938 

(center) C-GP, and (right) N-GP, defined by black boxes in Fig. 1, in (top) early and (bottom) 939 

late spring. Ordinate presents the intensity of negative P-ET anomalies in terms of standard 940 

deviation (std) of daily P-ET across each sub-season. Abscissa shows the duration of P-ET deficits 941 

that exceed a certain intensity (unit: day). Shading displays the cumulative frequency of P-ET 942 

deficit anomalies for different combinations of intensity and duration during 1958-2018. Dotted 943 

lines indicate the criteria for selective persistent P-ET deficits events for each region used in this 944 

study. The complete information of the criteria and lists of the events are presented in Table 2. 945 

Black dots denote that the differences in frequency between early and late spring are significantly 946 

different from each other. 947 

  948 



 47 

949 

Figure 3. Correlation between Ohio Valley P-ET and 300hPa meridional wind during (top) April 950 

1st to June 30th, (middle) April 1st to May 15th, and (bottom) May 16th to June 30th. The right 951 

column shows the auto-correlation between the two variables; while the left column shows the lag-952 

correlation: P-ET lags meridional wind for 5 days. P-ET is averaged over the Ohio Valley region 953 

shown in Fig. 1 and indicated by blue boxes. Grey lines are drawn at 0.1-correlation intervals. 954 

Cyan contours depict the climatological 300hPa zonal wind in each corresponding period with 955 

intervals of 10 m/s. Thick solid lines indicate climatological 0 m/s isotach.  956 

  957 



 48 

 958 

Figure 4. Hovmöller diagrams for the composite persistent P-ET deficit events for the Ohio Valley 959 

region. (Left two columns) P-ET (mm/day) and 2-meter air temperature (T2m, °C) over the U.S. 960 
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and (right two columns) 300hPa geopotential height (Z300; m) and 750hPa meridional wind 961 

(V750; m/s) anomalies across the NP-NA region in (top) early and (bottom) late spring. For P-962 

ET and T2m, the anomalies are averaged over the 35°-40°N (see the Ohio Valley box in Fig. 1). 963 

The anomalies of Z300 and V750 are averaged over 35°-55°N. Purple dashed lines indicate the 964 

longitudinal range of the Ohio Valley area defined in Fig. 1 and Table 2. The longitudinal range 965 

for the U.S. in the left two columns is also labeled in the right two columns (black ticks). The 966 

statistically significant anomalies are shaded. Dots represent that the differences between early and 967 

late spring are significant. 968 

  969 
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 970 

Figure 5. Composites of JRA-55 300hPa geopotential height (contours; interval: 20m), and 971 

column-integrated diabatic heating (shading; W/m2) anomalies for the Ohio Valley persistent P-972 

ET deficit events in (left) early and (right) late spring, at (top) 10 days prior to the onset, (middle) 973 

5 days prior to the onset, and (bottom) the onset. Thick lines indicate that Z300 anomalies are 974 

statistically significant. For column-integrated diabatic heating, the anomalies that significantly 975 

differ from zero are encompassed by thin grey lines. 976 
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 978 

 979 

Figure 6. Vertical structure of the anomalous circulations. (Top) composites of 300hPa 980 

geopotential height (black contours; interval: 20m), 500hPa vertical velocity (shading; Pa/s), and 981 

750hPa geopotential height (green contours; interval: 10m) anomalies for the Ohio Valley 982 

persistent P-ET deficit events in (left) early and (right) late spring at the onset. Thick lines indicate 983 

that Z300 and Z750 anomalies are statistically significant. Dots denote that 𝜔500 anomalies are 984 

statistically significant. (Bottom) composite vertical-latitude cross sections of geopotential height 985 

(contours; interval: 10m), specific humidity (shading; g/kg), meridional wind and vertical velocity 986 

(arrows) averaged over 91°-82°W (see the Ohio Valley box; Table 2) in (left) early and (right) 987 

late spring at the onset of the persistent P-ET deficit events. For visualization purpose, vertical 988 
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velocity is scaled by -100. Thus, one unit of the arrow is equivalent to 1 989 

B[𝑉	(𝑚 𝑠⁄ )]% + I−100𝜔	9𝑃𝑎 𝑠L :M
%
. Thick lines and dots indicate that height and specific humidity 990 

anomalies are statistically significant, respectively. Black arrows represent that both meridional 991 

wind and vertical velocity anomalies are statistically significant. Bright blue dashed lines indicate 992 

the latitudinal range of the Ohio Valley area defined in Table 2. 993 

  994 
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 995 

Figure 7. Composites of (top) anomalous column-integrated moisture flux (arrows) and its 996 

convergence (shading; mm/day) and (middle) 900hPa horizontal wind anomalies (arrows) and 997 

anomalous low-level moisture (shading; mm) for the Ohio Valley persistent P-ET deficit events in 998 

(left) early and (right) late spring at the onset. In the middle panels, low-level moisture is specific 999 

humidity integrating from surface pressure level to 700hPa. Regions where surface pressure levels 1000 

are above 900hPa are masked out. The region of the Ohio Valley is indicated by the blue boxes. 1001 

The bottom panels show the composite evolution of each term in equations (1) and (3), averaged 1002 

over the Ohio Valley. Solid lines represent each terms in the atmospheric moisture budget (Eq.(1)): 1003 
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green lines are the anomalous P-ET, navy lines are the anomalous convergence of column-1004 

integrated moisture flux, and orange lines are the tendency term. The two components of the 1005 

convergence of column-integrated moisture flux (Eq.(3)) are shown in purple dashed lines 1006 

(subsidence term) and pink dotted lines (advection term). The thicker lines denote the anomalies 1007 

that significantly differ from zero.  1008 
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 1009 

Figure 8. Hovmöller diagrams for the composite persistent P-ET deficit events for the C-GP 1010 

region. (Left two columns) P-ET (mm/day) and T2m (°C) over the U.S. and (right two columns) 1011 
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Z300 (m) and V750 (m/s) anomalies across the NP-NA region in (top) early and (bottom) late 1012 

spring. For P-ET and T2m, the anomalies are averaged over the 35°-40°N (see the C-GP box in 1013 

Fig. 1). The anomalies of Z300 and V750 are averaged over 35°-55°N. Purple dashed lines indicate 1014 

the longitudinal range of the C-GP area defined in Fig. 1 and Table 2. The longitudinal range for 1015 

the U.S. in the left two columns is also labeled in the right two columns (black ticks). The 1016 

statistically significant anomalies are shaded. Dots represent that the differences between early and 1017 

late spring are significant. 1018 
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 1020 

Figure 9. The composite vertical-latitude cross sections of geopotential height (contours; interval: 1021 

10m), specific humidity (shading; g/kg), meridional wind and vertical velocity (arrows) averaged 1022 

over (top) 100°-93°W (C-GP in Table 2) and (bottom) 104°-96°W (N-GP in Table 2) in (left) 1023 

early and (right) late spring at the onset of the persistent P-ET deficit events. For visualization 1024 

purpose, vertical velocity is scaled by -100. Thus, one unit of the arrow is equivalent to 1 1025 

B[𝑉	(𝑚 𝑠⁄ )]% + I−100𝜔	9𝑃𝑎 𝑠L :M
%
. Thick lines and dots indicate that height and specific humidity 1026 

anomalies are statistically significant, respectively. Black arrows represent that both meridional 1027 

wind and vertical velocity anomalies are statistically significant. Bright blue dashed lines indicate 1028 

the latitudinal range of the C-GP and N-GP area defined in Fig. 1 and Table 2.  1029 
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 1030 

Figure 10. Composites of (top) anomalous column-integrated moisture flux (arrows) and its 1031 

convergence (shading; mm/day) and (middle) 900hPa horizontal wind anomalies (arrows) and 1032 

anomalous low-level moisture (shading; mm) for the C-GP persistent P-ET deficit events in (left) 1033 

early and (right) late spring at the onset. In the middle panels, low-level moisture is specific 1034 

humidity integrating from surface pressure level to 700hPa. Regions where surface pressure levels 1035 

are above 900hPa are masked out. The region of the C-GP is indicated by the blue boxes. The 1036 

bottom panels show the composite evolution of each term in equations (1) and (3), averaged over 1037 

the C-GP. Solid lines represent each terms in the atmospheric moisture budget (Eq.(1)): green lines 1038 
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are the anomalous P-ET, navy lines are the anomalous convergence of column-integrated moisture 1039 

flux, and orange lines are the tendency term. The two components of the convergence of column-1040 

integrated moisture flux (Eq.(3)) are shown in purple dashed lines (subsidence term) and pink 1041 

dotted lines (advection term). The thicker lines denote the anomalies that significantly differ from 1042 

zero.  1043 



 60 

 1044 

Figure 11. Hovmöller diagrams for the composite persistent P-ET deficit events for the N-GP 1045 

region. (Left two columns) P-ET (mm/day) and T2m (°C) over the U.S. and (right two columns) 1046 
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Z300 (m) and V750 (m/s) anomalies across the NP-NA region in (top) early and (bottom) late 1047 

spring. For P-ET and T2m, the anomalies are averaged over the 43°-48.5°N (see the N-GP box in 1048 

Fig. 1). The anomalies of Z300 and V750 are averaged over 35°-55°N. Purple dashed lines indicate 1049 

the longitudinal range of the N-GP area defined in Fig. 1 and Table 2. The longitudinal range for 1050 

the U.S. in the left two columns is also labeled in the right two columns (black ticks). The 1051 

statistically significant anomalies are shaded. Dots represent that the differences between early and 1052 

late spring are significant.  1053 
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 1054 

Figure 12. Evolution of the composite persistent P-ET deficit events averaged over the Ohio 1055 

Valley region (see the Ohio Valley box in Fig. 1). (Top) P-ET anomalies (mm/day), (second row) 1056 

soil moisture (percentile), (third row) JRA-55 T2m anomalies (°C), and (bottom) JRA-55 1057 

column-integrated diabatic heating anomalies (W/m2) in (left) early and (right) late spring, from 1058 

20 days before the onset to 60 days after the onset. For P-ET and soil moisture, data from JRA-55 1059 

(dark color) and CLM (light color) are both shown for comparison. The variations in soil moisture 1060 

for individual events are indicated in grey thin lines in the second row. For the bottom panels, 1061 

column-integrated diabatic heating anomalies are shown in dark green lines, compared with 1062 
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calculated latent heating 𝐿&(𝑃 − 𝐸𝑇) (light green lines) where 𝐿& is the latent heat of vaporization. 1063 

The solid lines denote the statistically significant anomalies.   1064 
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 1065 

Figure 13. Temporal evolution of the JRA-55 soil moisture composite for the Ohio Valley region 1066 

based on different criteria for persistent P-ET deficits in (left) early and (right) late spring, from 1067 

20 days before the onset to 60 days after the onset. Solid (dashed) lines are based on -1 (-0.8) 1068 

standard deviation as the threshold for intensity. Different colors of line indicate different 1069 

durations, from at least 5 days (navy) to at least 9 days (pink). The numbers of events based on 1070 

each criterion are indicated in parentheses in the legends. 1071 


