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ABSTRACT
Previous studies suggest that extratropical atmospheric variability influences the tropics via the seasonal
footprinting mechanism (SFM), in which fluctuations in the North Pacific Oscillation (NPO) impact the ocean
via surface heat fluxes during winter and the resulting springtime subtropical SST anomalies alter the
atmosphere–ocean system over the tropics in the following summer, fall, and winter. Here, the authors test
the SFM hypothesis by imposing NPO-related surface heat flux forcing in an atmospheric GCM coupled to
a reduced gravity ocean model in the tropics and a slab ocean in the extratropics. The forcing is only imposed
through the first winter, and then the model is free to evolve through the following winter.
The evolution of the coupled model response to the forcing is consistent with the SFM hypothesis: the NPOdriven surface fluxes cause positive SST anomalies to form in the central and eastern subtropics during winter;
these anomalies propagate toward the equator along with westerly wind anomalies during spring, reach the
equator in summer, and then amplify, which leads to an ENSO event in the following winter. The anomalies
reach the equator through a combination of thermodynamically coupled air–sea interactions, namely, the wind–
evaporation–SST (WES) feedback and equatorial ocean dynamics. The initial off-equatorial anomaly propagates
toward the equator through a relaxation of the climatological easterly winds south of the dominant SST anomalies,
which leads to a reduction in upward latent heat flux. These westerly anomalies reach the equator during boreal
summer, where they can excite downwelling equatorial Kelvin waves. The connection between off-equatorial
variations and tropical ENSO-like conditions may also occur via the excitation of westward-propagating equatorial Rossby waves during spring, which reflect off of the western boundary as Kelvin waves, depressing the
thermocline in the eastern Pacific during the following summer. NPO-related anomalies that form during the first
winter in the tropical Pacific may also contribute to the development of an El Niño event in the following winter.
The imposition of the NPO-related forcing caused warming in the ENSO region in ;70% of the ensemble
of 60 simulations; therefore, the response depends on the state of the tropical atmosphere–ocean system. For
years where the control simulation was poised to develop into a neutral or negative ENSO event, the addition
of the NPO heat fluxes tended to cause anomalous warming in the tropical Pacific in the following fall/winter;
if the control was heading toward a warm ENSO event, the imposition of NPO forcing tends to reduce the
amplitude of that event.
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1. Introduction
Over the past 25 years two broad paradigms involving
nonlinear/unstable or linear/stable atmosphere–ocean
interactions have emerged to explain the dynamics underlying El Niño–Southern Oscillation (ENSO). In the
pioneering studies using linearly unstable models (Zebiak
and Cane 1987; Battisti 1988; Schopf and Suarez 1988),
ENSO variability is self-sustained and maintained by
nonlinear interactions within the tropical Pacific. Irregular oscillations, as observed in nature, can be introduced
by low-order chaos (e.g., Münnich et al. 1991; Jin et al.
1994) resulting from stronger coupling between components of the system or by stochastic forcing (noise) that
interrupts regular cycles (Blanke et al. 1997). More recent
studies suggest that ENSO is linearly stable (Penland
and Sardeshmukh 1995; Chang et al. 1996; Moore and
Kleeman 1999; Thompson and Battisti 2000, 2001), where
stochastic (external) forcing is essential for maintaining
ENSO variability. Several sources of stochastic forcing
have been proposed including westerly wind bursts
(WWBs) in the central–western equatorial Pacific (e.g.,
Wyrtki 1975; Vecchi and Harrison 2000; McPhaden 2004;
Seiki and Takayabu 2007), the Madden–Julian oscillation (e.g., Lau and Chan 1986, 1988; Moore and Kleeman
1999; Zavala-Garay et al. 2008), and variability originating in midlatitudes that subsequently influences westerly
wind bursts (Yu and Rienecker 1998; Nakamura et al.
2006, 2007).
Variability initiated in the North Pacific has the potential to influence the tropical Pacific on interannual to decadal time scales via both the ocean and the atmosphere.
In the ocean, the extratropics can impact the tropics via
the subtropical cell, a shallow meridional overturning circulation. Fluctuations in the temperature and salinity
created by air–sea interaction in midlatitudes can be
advected to the tropics within the thermocline (the lower
layer of the subtropical cell) and then upwell to the surface when they reach the equator (e.g., Gu and Philander
1997). Changes in extratropical winds can also alter the
overall strength of the subtropical cell, altering the volume of cold water reaching the equator (Kleeman et al.
1999; McPhaden and Zhang 2002). Alternatively, upperocean anomalies can be carried from higher latitudes to
the tropics by westward-propagating Rossby waves, which
transfer their energy to equatorward-propagating Kelvin
waves at the western boundary (Lysne et al. 1997). In the
atmosphere, the response to slowly varying SST anomalies in the Kuroshio Extension region can extend into
the tropics, thereby affecting the trade winds and decadal variability (Barnett et al. 1999; Pierce et al. 2000).
Midlatitude-to-tropics atmospheric connections may
evolve over several seasons and involve additional portions
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of the climate system. Based on diagnostics of an extended Commonwealth Scientific and Industrial Research Organisation (CSIRO) coupled general circulation
model (CGCM) simulation, Vimont et al. (2001, 2003a)
identified the seasonal footprinting mechanism (SFM)
where air–sea interaction in the subtropics during the
warm season links extratropical atmospheric variability
in one winter with tropical variability in the following
winter (Fig. 1). Specifically, fluctuations in the North
Pacific Oscillation (NPO; Walker and Bliss 1932; Rogers
1981; Linkin and Nigam 2008), the second leading internal atmospheric mode over the North Pacific in winter, impart a sea surface temperature (SST) ‘‘footprint’’
onto the ocean via changes in the surface heat fluxes.
The NPO consists of a meridional dipole in sea level
pressure (SLP) over the central Pacific, with centers at
approximately 358 and 608N; when low pressure occupies
the southern lobe of the NPO, the anomalous winds are
from the west opposing the trade winds over the central
and eastern subtropical Pacific, reducing the wind speed
and upward latent flux, thereby warming the underlying
ocean. The reverse set of processes occurs during the
opposite phase of the NPO. The SST footprint, which
maximizes in late winter/early spring, persists through
summer in the subtropics. The atmosphere responds to
these SSTs and further interacts with the tropical ocean.
The resulting atmospheric circulation includes zonal wind
stress anomalies that extend onto the equator in the central and western Pacific. The stress anomalies excite a
response in the equatorial ocean that influences the SST
and thermocline depth in the central and eastern equatorial Pacific in the subsequent winter. Vimont et al.
(2001, 2003a) concluded that the SFM was an important
source of external forcing for interannual ENSO variability and decadal to interdecadal tropical variability in
the CSIRO CGCM. SLP and SST precursors that resembled those associated with the NPO in the winter
prior to ENSO’s peak were also found in the National
Center for Atmospheric Research (NCAR) Community
Climate System Model, version 2 (CCSM2; Anderson
and Maloney 2006).
The SFM appears to occur in nature as well. Vimont
et al. (2003b) and Anderson (2003, 2004) found statistically significant links between the NPO (and the western
Pacific pattern, its signature in the upper troposphere;
Hsu and Wallace 1985) in winter, SSTs in the subtropical
North Pacific, and winds in the western tropical Pacific
during spring and summer, and SSTs in the ENSO region in the subsequent winter. Several studies have used
linear inverse models (LIMs) derived from simultaneous and lagged covariance statistics of observed SST
anomalies to better understand and predict ENSO (e.g.,
Penland and Magorian 1993; Penland and Sardeshmukh
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FIG. 1. The SFM simulated in a 100-yr integration of the CCM3–
RGO–ML model as indicated by (a) the concurrent regression of
SLP [contour interval (CI) is 0.25 mb per std dev] and Qnet [color
shading interval (CSI) is 1 W m22 per std dev, positive into ocean]
on the NPO time series [the second PC of SLP for EOFs computed
over the North Pacific (208–908N, 1108E–708W) during November–
March] and lagged regressions of SST (shaded), thermocline depth
(CI is 1 m), and wind (vectors) in the tropical Pacific on the NPO
time series for (b) JFM, (c) AMJ, (d) JAS, and (e) ONDJF. The
SST and wind scales are located at the bottom of the figure and the
top-right corner of (b)–(e), respectively.
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1995); the springtime SFM SST pattern closely resembles the ‘‘optimal structure,’’ the pattern identified in
LIMs as the most likely to grow into a large ENSO event
(Penland and Sardeshmukh 1995; Xue et al. 1997;
Thompson and Battisti 2001; Alexander et al. 2008). In
addition, there is a close correspondence between the
development of SST anomalies predicted by LIM and
the evolution of the atmosphere–ocean system indicated
by the SFM prior to ENSO events (Alexander et al. 2008).
The SFM also influences the latitude of the tropical
meridional SST gradient and the intertropical convergence zone (ITCZ): the ITCZ is displaced toward (away
from) the hemisphere with anomalously warm (cold)
water in the subtropics, and the associated winds flow
across the anomalous SST gradient from the negative
toward and over the positive SSTA. The variations in
the meridional SST gradient and the ITCZ, termed the
meridional mode (MM) by Chiang and Vimont (2004),
has been well documented in the Atlantic over the past
30 years (e.g., Hastenrath and Heller 1977; Xie and Carton
2004) but was only recently uncovered in the Pacific
after accounting for the dominant ENSO signal. In the
Pacific, the MM exhibits SST anomalies of one sign
extending southwestward from Baja California to the
central–western equatorial Pacific with anomalies of the
opposite sign in the eastern equatorial Pacific. Chang
et al. (2007) and Zhang et al. (2009a,b) present both
observational and modeling evidence that the MM is a
thermodynamic coupled mode independent of ENSO
and that the MM plays an important role in initiating
ENSO events.
Although the seasonal footprinting mechanism has
been diagnosed in models and observations, several questions remain regarding the scope of the processes involved and its overall relationship to ENSO. For example,
because ENSO influences the atmosphere–ocean system over the North Pacific for an extended period of
time (e.g., Trenberth et al. 1998; Alexander et al. 2002),
is the SFM truly an independent means of forcing ENSO
or is it at least partly a component of the ENSO cycle?
By what means do the ocean anomalies persist and propagate during the warm season? Do they feed back on the
atmospheric circulation in the tropical Pacific? If the
SFM does initiate ENSO events, does its efficacy depend
on the state of the tropical Pacific? Finally, what is the
overall relationship between the SFM, MM, and ENSO?
To examine these questions, Vimont et al. (2009; hereafter VAF) conducted atmospheric GCM (AGCM)–slab
ocean model simulations to investigate the tropical Pacific
response to midlatitude atmospheric variability. Heat
flux anomalies associated with the NPO during boreal
winter were used to force the ocean in an ensemble of
model simulations, after which the forcing was terminated

2888

JOURNAL OF CLIMATE

and the coupled model was free to evolve. The SST and
wind anomalies continued to amplify in the tropical
Pacific after the imposed forcing was shut off because of
feedbacks between the surface wind, evaporation, and
SST (WES feedback) and because of changes in the
shortwave radiative heat flux. In the Northern Hemisphere, the response to warm subtropical SSTs includes
southwesterlies over and to the southwest of the SST
maxima, which slows the trade winds and reduces the
upward latent heat flux, warming the ocean and hence
leading to positive WES feedback. This thermodynamic
coupling results in southwestward development of SST
anomalies and an associated equatorward shift in the
surface zonal wind anomalies, consistent with previous
studies of WES feedback (Xie and Philander 1994; Liu
and Xie 1994; Xie 1996) and with studies that examined
the tropical air–sea interaction in response to extratropical variability (Xie 1999; Wu and Li 2007).
In this study, we impose the same NPO surface heat
flux forcing as used by VAF, but in a coupled model
where the ocean contains the dynamics necessary to simulate ENSO. The model, described in section 2, consists
of an AGCM that is anomaly coupled to a reduced gravity
ocean (RGO) model in the tropics and a slab elsewhere
over the ocean. The experiment (Exp) design includes
a long control integration and 60 branch simulations
from the control, which include additional NPO-related
heat flux forcing (section 2). The results, obtained from
the difference between the control and branch integrations, are presented in section 3 and summarized and
discussed in section 4.

2. Model and experiment design
a. Coupled model
The coupled model, which is described in detail by
Zhang et al. (2009a), consists of the NCAR CCM3 coupled to an extended 1.5-layer RGO model in the tropics
and a slab mixed layer (ML) model in the extratropics.
CCM3, which is described by Kiehl et al. (1998), is a
spectral AGCM that employs T42 truncation (;2.88
latitude 3 ;2.88 longitude) with 18 vertical levels. The
model includes parameterizations for radiation, convection, boundary layer, and the diagnostic treatment of
clouds; the land surface characteristics and sea ice extent
are specified to follow the observed mean seasonal cycle.
The RGO model has been used extensively to study
ENSO (e.g., Zebiak and Cane 1987; Battisti 1988). The
formulation and parameters used here are from Chang
(1994). The model consists of an upper layer, which includes a fixed depth surface mixed layer, overlaying
a deep motionless layer. The thermocline is located at
base of the upper layer (depth h) and the surface currents
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consist of a surface Ekman component and a geostrophic
component related to the gradient h. The surface layer
temperature (equivalent to the SST) depends on advection by surface currents, upwelling, and heat fluxes with
the atmosphere but does not influence the ocean dynamics. The upwelling is based on the divergence of the
surface currents. The model resolution is 18 latitude by
28 longitude and its domain extends from 308N to 308S in
all ocean basins. The extratropical ML depth, which
varies spatially but not temporally, is obtained from the
annual average mixed layer depth estimated by Monterey
and Levitus (1997). There is no smoothing of the SST
anomalies across the RGO–ML boundary.
The RGO and ML are anomaly coupled to the CCM3:
wind stress anomalies about the AGCM climatology are
passed to the RGO model, the surface heat flux anomalies are passed to both the RGO and ML models, and
the RGO–ML models transfer the SST anomalies back
to the atmosphere. Observed climatological values are
added to the anomalies to make the full fields prior to
exchanging them between models. The monthly SST and
surface flux climatologies are obtained from Reynolds
and Smith (1994) and the European Centre for MediumRange Weather Forecasts (ECMWF) reanalysis (Uppala
et al. 2005), respectively. A seasonally varying flux correction is also applied to the ocean to keep the SST close
to its observed state.
The CCM3–RGO model simulates many aspects of
both the MM and ENSO reasonably well, including their
temporal and spatial structures as well as their phase
locking to the seasonal cycle (Chang et al. 2007; Zhang
et al. 2009a). However, it underestimates the amplitude
of ENSO variability by about 20% and its period by
about 6 months.
Here, we examine a 100-yr control (Cntrl) CCM–
RGO–ML simulation to determine the extent to which
the SFM occurs in the model. First, the wintertime NPO
is defined in the model as the second empirical orthogonal function (EOF) of North Pacific (208–908N, 1108E–
708W) SLP during November–March (NDJFM). The
simulated NPO, shown by the concurrent regression of
SLP values on the NPO time series [the second principal
component (PC) of SLP in NDJFM], strongly resembles its counterpart in nature with a meridional dipole
structure over the central North Pacific (cf. Rogers 1981;
Vimont et al. 2003b; Linkin and Nigam 2008). Concurrent
regressions of the net surface heat flux Qnet and lagged
regression of SST and surface winds, also shown in Fig. 1,
follow the SFM paradigm: strong fluxes in the subtropical
eastern Pacific associated with the southern lobe of the
NPO (Fig. 1a); the formation of SST and wind anomalies
that develop in winter and into spring in the subtropics
(Figs. 1b,c); wind anomalies that extend southwestward
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toward the equator in summer (Fig. 1d); and the development of an ENSO event in the subsequent fall/
winter (Fig. 1e). The SST values in Fig. 1b resemble the
MM with anomalies of opposite sign on the equator and
from 108 to 208N in the eastern half of the basin. The h
values, also shown in Fig. 1, are suggestive of a La Niña–
like state during the first winter, with negative (shallower) anomalies in the east and positive anomalies in
the west that evolve toward a El Niño–like state by the
following winter with a deeper thermocline in the central equatorial Pacific.

b. Model experiments
Although the statistical analysis identifies the SFM in
the CCM–RGL–ML simulation, there remains ambiguity surrounding its underlying cause (e.g., the NPO
signal may be a response to some feature of the ENSO
cycle). Thus, we test the SFM hypothesis by conducting
experiments in which an external forcing is added to the
ocean components of the CCM–RGO–ML model. The
imposed forcing represents the net surface heat flux Qnet
anomalies associated with the NPO during boreal winter. In nature and/or coupled models, the NPO-related
fluxes contain forcing associated with internal atmospheric variability; feedback from the ocean; and NPOrelated variability driven by anomalies in other parts
of the climate system, which could include ENSO. To
cleanly separate the part of the NPO forcing that is due
to intrinsic atmospheric variations, the NPO-related heat
fluxes were extracted from a 200-yr NCAR Community
Atmospheric Model, version 3 (CAM3) simulation with
repeating climatological SSTs as boundary conditions.
A different analysis technique applied to observations
yields a very similar structure and amplitude of NPOrelated heat flux variations (see VAF for a comparison
between the two methods).
The NPO-related heat fluxes are obtained through
application of EOF analysis to the winter (NDJFM)
averaged SLP anomalies from the uncoupled CAM3
simulation over the North Pacific domain. As in the
CCM3–RGO–ML model, the NPO is identified by the
second EOF, which explains 19% of the variance and is
well separated from the first EOF (the Aleutian low)
and higher-order EOFs. The NPO-related SLP/Qnet fields
from CAM3, obtained by regressing the SLP and Qnet
anomalies onto the second PC, are similar to those in
nature as well as in the CCM3–RGO–ML model (cf.
Fig. 1 in VAF with our Fig. 1a). Because the NPO is
similar in the two models and VAF isolated the intrinsic
NPO variability, we use the Qnet forcing obtained from
CAM3 in this study. The imposed heat flux forcing used
here (Fig. 2) is derived by doubling the Qnet values regressed onto the second SLP PC (twice those shown in

FIG. 2. The NPO-related heat flux forcing added in each of the
60 branch experiments derived from the second EOF of SLP over
the North Pacific in an extended AGCM simulation with repeating
climatological SSTs. The forcing is obtained by doubling the Qnet
values (CSI is 5 W m22) from 208S to 658N and from 1108E and
708W in the Pacific regressed onto the second PC of SLP during
NDJFM, which corresponds to a 2s NPO anomaly in its negative
phase (see Fig. 1a).

Fig. 1b of VAF). In these idealized experiments, we have
utilized strong forcing (a 2s anomaly from the mean) to
emphasize the footprinting mechanism relative to the
background noise. The forcing is in accordance with the
negative phase of the NPO, with low pressure south of
458N (as in Fig. 1a), which is consistent with Linkin and
Nigam (2008) and the nomenclature used to describe the
North Atlantic Oscillation (NAO).
The experiment consists of 60 branch simulations from
the Cntrl, each initialized with conditions on 1 November
from the first 60 years of the 100-yr integration. As a
result of linearly interpolating monthly input values to
the model time step, the amplitude of the heat flux forcing increases from half strength on 1 November to full
strength by mid-November and decreases from full
strength in mid-March to zero by mid-April. The model
simulations continue with unperturbed fluxes through
the following April (18 months total). The imposed forcing is identical in each of the branch runs and is added
to the Pacific from 208S to 608N. An additional set of 10
simulations was conducted where the heat flux forcing
was applied from 108 to 608N (100% north of 9.78N, 50%
at 9.78N, and 0% south of 9.78N). The results are presented as the differences between the Exp simulations
from the corresponding periods in the Cntrl.
The experiment design will still include some redundancy between the imposed forcing and internally generated NPO variability. Ensemble averaging across the
relatively large number of simulations will emphasize
the forced model response; VAF found that the experimental design was appropriate for addressing the NPO’s
influence on tropical climate variability. Differences in

2890

JOURNAL OF CLIMATE

the evolution of individual ensemble members, however,
may indicate what aspects of the background variability,
including the amplitude of the NPO and the state of the
tropical Pacific ocean, are important for the development of ENSO events.

3. Results
a. NPO-forced climate anomalies
The evolution of the model in response to the imposed
NPO forcing is depicted in Fig. 3, which shows the ensemble averaged Exp 2 Cntrl (D) for SST, surface winds,
and latent heat flux Qlh (which is positive into the ocean
and does not include the imposed forcing) during year
0 for January–March [JFM(0)], April–June [AMJ(0)],
and July–September [JAS(0)] and during year 1 for
October–December [OND(1)]. Regions where the ensemble average of the 60 Exp simulations are significantly different from the control at the 95% level as
indicated by the Student’s t test are stippled. The SST difference (or anomalies) during JFM(0) reflects the direct
response to the oceanic heat flux forcing (cf. Fig. 2 with
Fig. 3, top left), which includes warm water that extends
both northeastward and westward from Hawaii (;208N,
1508W) and cold water to the south of Baja California
and in the western North Pacific. The atmospheric flow
is generally toward the warm water, and the heat fluxes
tend to damp the SST anomalies as the anomalously
warm (cold) water loses more (less) heat to the atmosphere. A dynamic ocean response begins to develop by
JFM(0), with negative thermocline depth h anomalies
between approximately 78 and 208N in the western Pacific and modest positive h anomalies in the central and
eastern equatorial Pacific, with a maximum at ;48N
(Fig. 4a). Most of these thermocline depth changes appear to be driven by the local Ekman pumping with
a deeper thermocline (Dh . 0) associated with downward Ekman pumping (Dwek , 0) and vice versa (Fig. 4).
Given these changes in the atmosphere and ocean, it is
apparent that DSST also includes anomalies generated
by air–sea interaction in addition to those directly resulting from the imposed forcing.
The response continues to evolve once the forcing has
ended by mid-April: during AMJ(0), the initial NPOdriven SST signal over the northeastern Pacific decreases but warm water extends farther into the tropics
in the central Pacific, with small positive anomalies extending onto and south of the equator in the vicinity of
1658W [consistent with the downward Qlh anomalies
during JFM(0) and AMJ(0)]. A cyclonic atmospheric
circulation is centered at approximately 188N, 1708W,
with strong southwesterlies in the tropical western Pacific
(08–158N, 1408E-–1708W) and northeasterlies extending
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across much of the Pacific from 208 to 308N. In response
to the winds, the thermocline deepens from 28 to 78N
across the western half of the Pacific, whereas the positive
anomalies on the equator at ;1658W and the negative
anomalies farther north have also increased in amplitude
(Fig. 4b).
The southwesterly flow in the subtropics opposes the
mean trades, reducing the wind speed U and thus the
evaporation; indeed, DQlh exceeds 10 W m22 near 108N
between 1608E and 1708W, despite positive DSST in the
region. Decomposing the wind speed and specific humidity q difference across the sea surface into their mean,
obtained from the control, and departure from the control (D) indicated that the wind speed fluctuations are
primarily responsible for DQlh within ;258 of the equator
(not shown). The DQlh variability associated with the q
fluctuations were of weaker amplitude and generally
damped the DSST, except in the eastern equatorial
Pacific. These interactions between SST, winds, and Qlh
are consistent with WES feedback, which is maximized
in the tropical western Pacific during boreal spring because of the seasonal cycle in background winds and the
strength of the atmospheric response to SSTs (VAF).
WES feedback was also identified as a key driver of SST
variability in the central and western tropical Pacific
of the CCM3 by Mahajan et al. (2009a), although humidity fluctuations were also found to be important, for
example, by causing SST anomalies to extend from the
extratropics to the subtropics (Mahajan et al. 2009b, manuscript submitted to J. Climate).
The difference in precipitation P between the Exp and
Cntrl attains maximum amplitude during AMJ(0), when
the precipitation increases (decreases) in the central
tropical (western equatorial) Pacific (Fig. 5). These dipole precipitation anomalies are similar to those associated with the MM but located farther north and west
(cf. Chiang and Vimont 2004). Positive DP coincides
with the convergence of the surface wind (Fig. 3). The
shortwave fluxes at the surface (not shown) are collocated but of opposite sign to DP (i.e., less precipitation,
lower cloud amount, and more sunlight reaching the surface and vice versa) and thus warm the ocean during
AMJ(0) between about 58S and 108N in the western
Pacific. Although the structure of the latent heat and
shortwave fluxes differ, both act to warm the ocean in
the vicinity of 58N, 1708E. The cooperating influence of
shortwave and latent heat fluxes is consistent with results from Chiang and Vimont (2004) as well as VAF.
The SST anomalies initially driven by the imposed
NPO forcing continue to decrease in the subtropics and
northeastern Pacific through JAS. However, air–sea interaction amplifies the anomalous westerly wind, SST,
and h on the equator, which are maximized in the
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FIG. 3. Evolution of the response to the negative phase of the NPO-related forcing. The ensemble mean difference (D) between the
‘‘Q flux’’ Exp and Cntrl simulations for (left) SST (CI is 0.18C) and (right) 1000-mb wind (vectors, m s21) and Qlh (W m22). The response
is shown for (top)–(bottom) JFM(0), AMJ(0), JAS(0), and OND(1), where 0 denotes the initial year of the integration and 1 denotes the
following year. Stippling denotes grid squares where t tests indicate that the SST and Qlh from the 60 Exp simulations are significantly
different from the control at the 95% level.
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FIG. 5. The response in precipitation DP (CI and CSI are 4 cm
per 90 days) during AMJ(0). Stippling denotes areas that are statistically significant.

FIG. 4. As in Fig. 3, but for the thermocline depth Dh (CI is 1 m
for jhj , 6 and 2 m for jhj . 6) and Ekman pumping (Wek 5 $ 3
t/rf, positive upward; CSI is 1.0 3 1026 m s21), which is not plotted
within 28 of the equator, where it goes to infinity. Stippling denotes
areas where Dh is statistically significant.

western, central, and eastern portions of the basin, respectively. The wind anomalies can excite equatorial
Kelvin waves that propagate eastward, depressing the
thermocline in the central and eastern Pacific, which in
turn increase SSTs in these areas presumably by the
eastward advection of warm water and the reduction
of upwelling. These anomalies continue to grow during
OND, resulting in an ENSO-like structure throughout
the tropics. Once an ENSO-like structure forms, the
equatorial anomalies will continue to develop through a
positive Bjerknes feedback between warm equatorial
SST, relaxed trade winds, and a deepening thermocline
(Neelin et al. 1998). This description is consistent with

the composite analysis of the MM-induced ENSO evolution in Zhang et al. (2009a).
Overall, Figs. 3–5 indicate that the evolution of the
CCM–RGO–ML system both during and after the NPO
forcing is applied is consistent with the SFM hypothesis:
(i) the NPO forces SST anomalies to form in the eastern
subtropics during winter; (ii) these SST anomalies propagate toward the equator along with westerly wind anomalies during spring; (iii) the SST and wind anomalies reach
the equator in summer; and (iv) air–sea interaction amplifies the anomalous westerly wind on the equator, where
they will continue to develop through a positive Bjerknes
feedback between warm equatorial SSTs, relaxed trade
winds, and a deepening thermocline, leading to a fully
developed ENSO event in the following winter. Nearly
all of these features are statistically significant at the 95%
level.
One factor that complicates the interpretation of our
findings is that the NPO forcing extends to 208S; although
the imposed flux anomalies are small south of ;108N
(jQnetj , ;5 W m22; see Fig. 2), they may directly impact equatorial dynamics, thus bypassing air–sea interaction in the subtropics. We addressed this issue by
performing an additional set of 10 simulations where
the NPO forcing was applied north of 108N. The results
(not shown) were similar those in Figs. 3–5, where positive SST and wind anomalies formed and then amplified
in the tropical Pacific during spring and summer and
El Niño conditions followed in fall and winter, indicating
that subtropical air–sea interactions are essential for the
SFM, induced by the NPO, to influence ENSO.
Another complicating factor is that the flux forcing
is only associated with the negative phase of the NPO.
Thus, we performed another set of 10 simulations using
the fluxes shown in Fig. 2, but with the opposite sign. The
evolution of the model response to this positive phase
of the NPO is similar to that presented in Figs. 3–5, but
with the sign reversed (not shown). By the winter of year
1, the model response is La Niña–like with SST anomalies ,20.68C over much of the equatorial Pacific (Fig. 6).
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FIG. 6. The SST response (CI and CSI are 0.18C) during OND(1)
to the heat flux forcing associated with the alternate (positive)
phase of the NPO.

Although there are some differences in the amplitude and
pattern of the DSST to the two phases of the NPO (cf.
forcing Fig. 6 and Fig. 3, bottom left), this may be primarily due to internal fluctuations in the climate model
rather than to nonlinearities in the response to the NPO;
isolating the nonlinear signal would likely require an
extremely large ensemble of simulations with forcings
of different amplitudes associated with both phases of
the NPO.
We examine the evolution of the NPO-induced response further using Hovmöller diagrams constructed
with pentad averaged model output. To highlight the
evolution of the SFM, the Hovmöller path has a ‘‘j’’
shape that has been rotated by 908 (Fig. 7); that is, it
begins at 258N, 1558W (point 0) and extends southwestward to 128N, 1658W (point 5); then due south to
08 (point 10); and finally due east along the equator to
858W (point 26). The ensemble averaged Exp–Cntrl
values shown for SST, Qlh, and U in Fig. 7 are threepoint averages including the points along and perpendicular to the transect line. In response to the imposed
forcing, the DSST (contours in Figs. 7a,b) increases from
November(0) through February(0) and remain above
0.68C through April north of ;188N (points 0–4). During
February–June(0), positive (negative) wind speed (Qlh)
anomalies are located over the positive DSST, points
0–4. The stronger winds and warmer SSTs both contribute to enhanced upward latent heat flux (DQlh , 0)
through more turbulent mixing in the atmosphere (stronger winds) and an increased vertical humidity gradient
(warmer SSTs), damping the underlying DSST. Positive
DQlh and negative DU values between points 5 and 9,
concurrent with the fluxes damping the NPO-forced
anomalies albeit at a reduced amplitude, result in DSST
values that decrease in magnitude as they propagate
toward the equator (down and to the right in Figs. 7a,b)
with DSST . 0.28 arriving at position 10 during June–
July(0). The negative wind speed anomalies, indicative
of westerly wind anomalies, along with positive heat flux
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anomalies propagate onto the equator and are located
there through summer. The DSST subsequently amplifies
and spreads eastward along the equator, reaching a maximum of ;0.58C in the central–eastern Pacific (points
10–22) from November(1) to January(1), whereas the
positive DU and negative DQlh remain in the central
Pacific (points 10–15) through the winter of year 1.
A second propagating signal is seen in all three fields
in Fig. 7: the anomalies start in the eastern equatorial
Pacific in spring (points 22–25) and move rapidly westward, reaching the central Pacific (points 10–12) by summer. The SST, U, and Qlh anomalies are in quadrature,
with 2DU and 1DQlh (1DU and 2DQlh) located to the
west (east) of the 1DSST, which is consistent with thermodynamic air–sea interaction contributing to westward
propagation of the anomalies. The DQlh anomalies are
too weak to explain the DSST, but strong zonal current
anomalies associated with this feature (not shown) indicate that equatorial dynamics likely plays an important role in its evolution. These westward-propagating
SST, Qlh, and U anomalies merge with those that moved
equatorward from the subtropical North Pacific (positions 5–10) from June(0) to September(0).
The evolution of Dh in Fig. 4 indicates a westward
expansion of the positive thermocline depth anomalies
from approximately 28 to 78N from JFM(0) to AMJ(0)
and an eastward movement of depth anomalies along
the equator from JFM(0) through OND(1). In addition, ENSO is known to involve westward-propagating
Rossby waves, which are centered around 58 latitude for
the first baroclinic mode and southward- and eastwardpropagating Kelvin waves located along the western
boundary and equator, respectively. Thus, we construct
a three-panel Hovmöller diagram of 5-day running mean
Dh with transects centered at 58N, along the western
boundary at 132.58E, and on the equator (Fig. 8). The
transect along 58N is reversed (east on the left) to aid in
tracking anomalies that travel counterclockwise around
the basin. Westward propagation of thermocline anomalies is readily apparent along 58N in the perturbed simulations. In particular, positive Dh values that form in the
central Pacific (;1608W) during March–April(0) reach
the western boundary by summer, consistent with the
group velocity of the first baroclinic Rossby wave (about
1 m s21). Upon reaching the boundary, the anomalies
rapidly propagate south and then eastward along the
equator, consistent with Kelvin wave dynamics. The equatorial Kelvin wave(s) appear to propagate all the way to
the eastern boundary over ;2 months during spring
and summer, but the magnitude of the anomalies are
not of uniform across the equator. They may constructively interfere with the thermocline anomalies generated by local westerly wind anomalies in the vicinity of
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FIG. 7. Hovmöller diagrams of (a) DQlh (CSI is 2 W m22) and (b) DU (CSI is 0.1 m s21), where DSST (CI is 0.18C) is shown in both.
(c) The Hovmöller path consists of three sections: (i) 258N, 1558W extending southwest to 128N, 1658W; (ii) south along 1658W to the equator;
and (iii) east along the equator to 858W. These correspond to points (i) 0–5, (ii) 5–10, and (iii) 10–26 along the entire transect. All values are
derived from Exp–Cntrl 5-day running means averaged over three grid values, including the points on and to either side of the transect line.

1808–1608W, where the latter initially developed during
March(0). In addition, Dh decreases in amplitude on the
equator from approximately 1408W in June(0) to the date
line in August(0) followed by an increase in amplitude
slightly to the east. The latter results from a shoaling of
the thermocline in advance (to the west) and a deepening behind the westward-propagating DSST (Fig. 7).
Thus, additional processes may contribute to the SFM

in the CCM–RGO model, including oceanic Rossby
waves that reflect off the western boundary and SST–
wind anomalies that propagate rapidly westward along
the equator.

b. ENSO characteristics
The impact of the imposed forcing on the development of ENSO is further explored in Fig. 9, which shows

1 JUNE 2010

ALEXANDER ET AL.

2895

FIG. 8. (a) As in Fig. 6, but for Hovmöller diagram of (a) Dh (CI/CSI is 1 m) consisting of (b) three sections that form a counterclockwise
circuit around the tropical Pacific, which extend (i) from east to west averaged over 38–78N; (ii) from 58N south to the equator averaged
over 1308–1358E, and (iii) from west to east averaged over to 28N–28S.

the difference in SST during NDJ(1) between each of
the 60 Exp branch simulations and the corresponding
period for the Cntrl in the Niño-3.4 region. The mean
difference between the two is 0.478C (significant at the
99% level). The SSTs warmed in the Niño-3.4 region in
the subsequent winter after the forcing was applied in 43
of the 60 cases (;72%). The 17 cases that cooled are
dispersed throughout the ensemble. Including the forcing
added 11 more warm events, as indicated by the number
of ensemble members in which the Niño-3.4 DSST . 0.89,
1s of SST averaged over NDJ in the Cntrl.
Are there additional factors that influence the extent
to which the NPO-related forcing impacts the development of ENSO? We address this question via a scatterplot of DSST during NDJ(1) versus the SST departures
relative to the long-term mean in the Cntrl (denoted by
a prime) for the corresponding period (Fig. 10). Thus,
the x axis in Fig. 10 indicates whether the control simulation develops into an ENSO event, and the y axis indicates the departure from the control trajectory resulting

from imposition of the NPO-related heat flux. The NPOdriven response in the 60 cases, numbered in Fig. 10
by their corresponding years in the control simulation,
vary greatly from year to year of the integration; for
example, the largest DSST values (red dots in Fig. 10)
are not clustered in consecutive years. Thus, the response
does not appear to be strongly influenced by decadal
variability in the Cntrl integration. The ENSO response
is also relatively independent of the strength of the NPO
forcing in the Cntrl, because the correlation between
the NPO time series in NDJFM(0) and the Niño-3.4
DSST in NDJ(1) is only 0.13, with no nonlinear relationship apparent from the scatterplot (not shown).
If the response to the imposed forcing was linear (independent of the conditions in the control) plus noise,
then the points would appear as scatter about a horizontal
line with the average DSST value in Fig. 10. However,
a more complex response maybe anticipated; that is,
the efficacy of the stochastic forcing likely depends
on the state of the tropical Pacific. One possible cause
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FIG. 9. Bar chart of the Exp 2 Cntrl (D) SST (8C) during NDJ(1)
in the Niño-3.4 region for each of the 60 branch simulations numbered by the order of the year they occur in the control run.

of a nonlinear response is saturation; that is, the total
Niño-3.4 temperature has a maximum value and thus
DSST could be large and positive when a La Niña event
is expected in the Cntrl simulation (negative SST9), positive and moderate amplitude for events that would have
been neutral ENSO events, and asymptote toward zero
when an El Niño event was expected from the Cntrl
simulation (positive SST9). The points in Fig. 10 do display a negative slope (correlation of 20.44), indicating
that the NPO forces the system toward an El Niño
(DSST . 0) when it had negative SST9 in the Cntrl simulation. However, there is not clear evidence for saturation for large SST9 but rather an indication that the
imposed forcing disrupted strong El Niño events in the
Cntrl, because DSST , 0 when SST9 . 0. The true dependence of the response on the climate state, however,
may require a very large ensemble to be well defined. In
addition, the application of a constant forcing in the Exp
simulations may result in a different mean state that
could impact the overall variability and hence the mean
spread in DSST.
An intriguing aspect of the NPO-induced responses
shown in Fig. 10 are the branch simulations that developed very large DSSTs during NDJ(1) when the Cntrl
was slightly cold or near neutral (red points). We explore
the causes for these eight warm cases by compositing
their associated SST9 and DSST fields and comparing
them to composites of eight cases with similar SST9
values but near zero DSST in NDJ(1), called neutral
cases (shown by blue points in Fig. 10). The composite
SST9 and h9 fields for NDJ in years 0 and 1 for the neutral
and warm cases are shown in Fig. 11 along with the DSST
and Dh in NDJ(1), where the arrows between panels
illustrates the progression of the system with and without forcing. Consistent with Fig. 10, weak La Niña conditions occur in the tropical Pacific during NDJ(1) in the
Cntrl for both the neutral (Fig. 11b) and warm (Fig. 11e)
cases. In the neutral composite, El Niño conditions were
present in the Cntrl during NDJ(0) (Fig. 11a), and the
imposition of the NPO forcing has little impact on the

FIG. 10. Scatterplot of DSST verses the corresponding SST
anomaly (9) relative to the long-term mean in the Cntrl during
NDJ(1) in the Niño-3.4 region. The 60 cases are numbered by the
year they occur in the control. The eight simulations with the largest
or warm response are shown in red, whereas eight years with similar
SST9 values but near zero DSST (neutral cases) are shown in blue.

system, as indicated by the negligible DSST and Dh in
the eastern equatorial Pacific during NDJ(1) (Fig. 11c).
Given that El Niño events decay in less than one year
and there are two or more years between events, the
addition of NPO forcing appears to be ineffective in
generating El Niño conditions in the subsequent winter
when a warm event is currently in progress. In the absence of stochastic forcing, this version of the model
maintains weak ENSO variability (i.e., the ENSO mode
is in a weakly nonlinear state; Chang et al. 2007; Zhang
et al. 2009b); therefore, during large El Niño events the
imposition of external forcing does not appear strong
enough to veer the system from its trajectory toward
a La Niña. In contrast, the evolution of Cntrl simulation
from the years used in the warm composite shows modest
negative SST9 values in the central Pacific and a deeper
thermocline in the western Pacific in the winter of years
0 and 1. The addition of the NPO forcing results in a very
strong DSST and Dh response that resembles a mature
El Niño event over the entire domain by NDJ(1) (Fig. 11f).
This suggests that the SFM may be an especially effective trigger for warm events when the tropical Pacific
would otherwise tend toward consecutive La Niñas. The
combined influence of the SFM with a deeper thermocline in the western Pacific on ENSO is also consistent
with Anderson (2007), who found that anomalous low
pressure in the northern subtropics is a more effective at
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FIG. 11. (a)–(c) SST (shading) and h (contours) changes in the neutral composite. The departures from the mean (9) in the Cntrl in (a) NDJ(0)
and (b) NDJ(1) with no additional forcing and the difference (D) from the Cntrl in (c) NDJ(1) when NPO forcing is added. Arrows denote
change from the winter of years 0–1. (b)–(f) The SST changes are shown, but for the warm composite. The SST CSI is 0.28C and h CI is 4 m.

initiating an El Niño event when combined with an increase in heat content in the western equatorial Pacific
a year before an event.
In addition to the initial state in the Cntrl, the evolution of anomalies in the tropical Pacific may also depend
on both local and remote air–sea interactions induced
by the imposed forcing, even though the latter is identical in all of the cases. As a result, the Exp–Cntrl values
may differ between cases at the end of the forcing

period, which could then amplify with time as the system
freely evolves over the next 12 months. We investigate
this idea by showing DSST and Dh during March(0), near
the end of the period with anomalous forcing, for the
neutral and warm composites in Fig. 12. Although positive DSSTs are found in the vicinity of Hawaii in both
sets of composites, differences between the two occur in
multiple locations. The positive DSST during March(0)
in subtropical North Pacific extends farther west between
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FIG. 12. The DSST (CI and CSI are 0.28C) for the (a) neutral and (b) warm composite and the Dh (CI and CSI are 2 m) for the (c) neutral
and (d) warm composite in March(0).

108 and 208N in the neutral compared with the warm
composite. The negative DSST near Central America is
of larger amplitude and greater extent in the neutral
cases, whereas the large negative values that occur along
the entire southern coast of Asia in the warm composite
are absent from the neutral composite.
The Dh during March(0) is also markedly different in
the two composites (Figs. 12c,d). In the neutral case, the
forcing results in a deeper thermocline on the equator in
the central Pacific and a shallower thermocline off the
equator in the western Pacific. In the warm composite,
the thermocline is deeper off the equator, with maxima
along 58N and 58S from 1608E to 1508W and shallower
across most of the basin between 108 and 208N. The
Dh . 0 at ;58 latitude is indicative of downwelling gravest mode Rossby waves, which in the ‘‘delayed oscillator
mechanism’’ (Schopf and Suarez 1988; Battisti and Hirst
1989) propagate westward to the western boundary;
move equatorward along the boundary; and then move
east along the equator, depressing the thermocline and
creating ENSO conditions approximately 6–10 months
later (consistent with Fig. 8). The anomaly structure in
Fig. 12d is also consistent with the recharge/discharge
ENSO paradigm (Jin 1997; Meinen and McPhadden 2000),
where changes in heat storage, indicated by thermocline
depth anomalies, are nearly zonally uniform at all latitudes with positive values located off the equator prior

to ENSO events. At the peak of the event, h is deep in
the east and shallow in the west along the equator, which
is also the structure of Dh in NDJ(1) (not shown but
similar in pattern to the anomalies in Fig. 4d but with 2–
3 times the amplitude).
Although it is unclear which aspects of the model’s
base state at the start of the integration or the evolution
of the response during the forcing period are critical to
the formation of an El Niño event by the following winter, the DSST in the warm composite during March(0)
strongly resembles the meridional mode, which has been
identified as a precursor for ENSO events (Chiang and
Vimont 2004; Chang et al. 2007; Zhang et al. 2009a,b).
Both display SST anomalies of one sign that extend
southwestward from Baja California to the equator between 1508E and 1808 and anomalies of the opposite sign
occur near the equator in the eastern half of the basin.
Thus, NPO-related forcing may be more effective in exciting El Niño events if tropical air–sea interaction results
in a strong projection on the MM during boreal spring.

4. Discussion and conclusions
The seasonal footprinting mechanism was examined
using an atmospheric GCM coupled to a Cane and Zebiak
type of reduced gravity ocean model in the tropics and
a slab ocean model in the extratropics. The impact of
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extratropical variability on the development of ENSO
events is investigated through a comparison of a control
simulation with 60 branch simulations that include
identical external forcing. The forcing consists of the
surface heat flux anomalies associated with the North
Pacific Oscillation, the second leading SLP mode over
the extratropical Pacific. The forcing, derived from the
negative phase of the NPO (high pressure over Alaska
and low pressure near Hawaii), warms the central subtropical Pacific through winter but is terminated by midApril.
The results show that boreal wintertime midlatitude
atmospheric variability associated with the NPO is capable of exciting an ENSO-like response in the tropical
Pacific beginning in boreal spring/summer and amplifying through the following fall and winter. Off-equatorial
anomalies reach the equator through a combination of
thermodynamically coupled air–sea interactions, namely,
the WES feedback and equatorial ocean dynamics. The
initial off-equatorial anomaly propagates toward the
equator through a relaxation of the climatological easterlies south of the dominant SST anomalies, which leads
to a reduction in upward latent heat flux. These westerly
anomalies reach the equator during boreal summer (Fig. 7),
where they can excite downwelling equatorial Kelvin
waves. The connection between off-equatorial variations
and tropical ENSO-like conditions may also occur via
the excitation of westward-propagating equatorial Rossby
waves during the boreal spring immediately following the
wintertime imposed forcing. These Rossby waves reflect
off of the western boundary as equatorward-propagating
Kelvin waves, depressing the thermocline in the eastern
Pacific during the following summer (Fig. 8). The Rossby
wave mechanism appears to be especially prominent in
the cases with the largest response (Fig. 12) and resembles the precursor to El Niño events in the delayed oscillator and recharge/discharge paradigms for ENSO.
The depressed thermocline is associated with warmer
SST and likely initiates a Bjerknes-type feedback that
allows El Niño conditions to continue to develop.
In addition to the off-equatorial anomalies that take
several months to reach the equator, there are also SST,
wind, and thermocline depth anomalies that form on the
equator in the eastern Pacific (;908W) in spring and
propagate rapidly westward, reaching the central Pacific
(;1608W) by summer (Fig. 7). Although the role of this
feature in the SFM is unclear, it resembles the ‘‘mobile
mode’’ described by Mantua and Battisti (1995) and the
‘‘Pacific Ocean basin (POB) mode’’ identified by Jin
et al. (2003) and Kang et al. (2004) and has been found in
observations, the Cane and Zebiak model, and GCMs.
In addition, these studies have found that the equatorial
SST anomalies are primarily driven by anomalous zonal
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currents, which is consistent with the large zonal currents associated with the westward-propagating anomalies excited by the NPO forcing in our experiments.
Analyses of shallow water models (Mantua and Battisti
1995; Kang et al. 2004) indicate that the time scale of the
POB mode, which is independent of the ;4-yr ENSO
mode, is approximately 9–12 months and is set by the
time it takes the gravest free Rossby wave and coastal/
equatorial Kelvin waves to propagate around the basin.
Air–sea coupling destabilizes the POB mode, allowing it
to grow rapidly for certain base states, and influences
SST anomalies in the ENSO region.
Although the imposition of the NPO-related forcing
caused warming in the ENSO region in ;70% of the
60 branch simulations, the impact of the forcing on
individual events depends on the state of the tropical
ocean–atmosphere system. For years where the control
simulation was poised to develop into a neutral or negative ENSO event, the addition of the NPO heat fluxes
tended to cause anomalous warming relative to the control simulation in the tropical Pacific in the following fall/
winter. On the other hand, if the control trajectory were
heading toward a warm ENSO event, the imposition of
NPO-related heat fluxes tends to reduce the amplitude of
that event. This is consistent with results in Zhang et al.
(2009b, their Fig. 9), who found that ;70% of ENSO
events were initiated by the MM in a long control integration. A possible explanation is that the MM-induced
warming in the north tropical Pacific can work in concert
with an existing cold anomaly in the equatorial Pacific to
enhance the meridional SST gradient, causing a stronger
thermodynamic feedback that acts to intensify or at least
persist the MM. In contrast, a preexisting warming condition near the equator works against the MM development
because it tends to weaken the meridional SST gradient.
The spatial structure of NPO-related heat flux anomalies in the tropical Pacific bears a strong resemblance to
the meridional mode. Although this suggests that the
MM is simply due to the SFM, other studies have found
that the MM exists independent of external forcing (Xie
1997, 1999; Okajima et al. 2003; Chang et al. 2007; Kossin
and Vimont 2007; Zhang et al. 2009a,b). The MM dynamics include an equatorward and westward propagation of SST anomalies (Liu and Xie 1994; VAF; Zhang
et al. 2009a), which is consistent with the evolution of
SST anomalies in the present analysis. As such, the SFM
may be a means of exciting the tropical Pacific MM, the
dynamics of which ultimately lead to tropical Pacific
variations that amplify via the Bjerknes feedback. In this
way, the SFM, MM, and ENSO fit together in a dynamic
framework where the SFM plays a dominant role in forcing
the MM, whereas the MM acts as a conduit through
which the extratropical atmosphere influences ENSO.
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Changes in other NPO-related variables could also
impact the tropical Pacific. For example, changes in
zonal wind stress associated with the NPO could directly
impact equatorial ocean dynamics, instead of as part of
the response to the subtropical SSTs generated by the
surface heat fluxes. In addition, the SFM is clearly not
the only means of exciting tropical Pacific variability. As
shown in Fig. 10, there is considerable ENSO variability
that is not explained by the imposed NPO-related heat
fluxes. In particular, the importance of WWBs in the
initiation of ENSO events has been highlighted by various authors (e.g., McPhaden et al. 1988; Vecchi and
Harrison 2000; McPhaden 2004; Seiki and Takayabu
2007). The spatial structure of SST anomalies that are
associated with periods of excessive westerly wind burst
activity bears a strong resemblance to the NPO-related
SST anomalies (Vecchi and Harrison 2000). An examination of high-pass filtered daily output from the CCM–
RGO model, however, did not show an increase in the
number and/or intensity of WWBs in the NPO-forced
simulations relative to the control. Nevertheless, the
relationship between WWBs and the SFM should be
more fully explored in coupled GCMs and observations.
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